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Abstract An Earth system model of intermediate com-
plexity, MoBidiC, has been used to simulate the tran-
sient variations in continental temperature, sea-surface
temperature (SST), thermohaline circulation (THC) and
sea-ice cover over the last 9000 years (9 kyr). Experi-
ments were designed to determine (a) the deviation of
the climatic system with respect to equilibrium over the
last 9 kyr, (b) the individual contributions of oceans and
vegetation to climatic changes, as well as the potential
synergies between these components, and (c) the relative
importance of precession, obliquity and CO, concen-
tration changes during this period. Results show a mo-
notonous cooling trend in the northern high latitudes
between 9 kyr BP and the present day, both over the
oceans and the continents. North of 60°N, this cooling is
noticed throughout the year, but the largest variations
appear in spring and summer (up to 6 °C over conti-
nents). Along with this cooling, the model exhibits a
southward shift of the northern treeline by about
600 km. Most of this shift takes place between 4 and
1 kyr BP. During this period, reorganisations of the
boreal forest introduce a lag of about 200 years in
the system with respect to a state in equilibrium with the
external forcing. Sensitivity experiments illustrate the
strong impact of this vegetation shift both on the oceans
and the continents, especially in spring and early sum-
mer. However, the model exhibits a weak synergy
between vegetation and ocean throughout the Holocene.
Finally, a sensitivity study to the forcing components
shows the dominant role of the astronomical forcing
with respect to CO,, as well as the non-linear behaviour
of climate in response to obliquity and precession.
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1 Introduction

The Holocene (taken here as the last 9000 years) appears
in the polar records as a period of relative stability when
compared to glacial ages. However, important changes
occurred in paleoenvironmental conditions in the
northern mid- and high latitudes as well as in the tropics.

In Europe, for example, paleobotanic reconstructions
suggest that the surface temperature went through a
maximum about 6000 years ago with, in particular,
milder winters than today in Scandinavia (Huntley and
Prentice 1988). Similarly, foraminifera- and diatom-
based reconstructions (Ruddiman and Mix 1993; Kog
et al. 1993; Kerwin et al. 1999) reveal that the SST in the
northern North Atlantic was higher than today during
the early Holocene, with a deviation in summer that
could have been as high as 4 °C. In the tropical areas,
changes are essentially seen in precipitation, the Asian
and African monsoons being more intense and shifted
northwards between 9 and 5 kyr BP as compared to
today (Street-Perrott et al. 1990; Gasse 2000).

Since the pioneering modelling study of the Holocene
climate by Kutzbach and Otto-Bliesner (1982), there has
been a general consensus to consider the astronomical
forcing as the fundamental cause of these variations.
Indeed, at 9 kyr BP, the Earth reached the perihelion
during the northern summer, while today it occurs in
winter. This effect can be quantified by the change in the
precession parameter (eccentricity times the sine of the
longitude of the perihelion) that increased from —0.0145
(Northern Hemisphere summer solstice at perihelion) to
0.0164 (Northern Hemisphere summer solstice at aph-
elion) over this period (Fig. la) (Berger 1978). The
consequence for the Northern Hemisphere is a gradual
weakening of the amplitude of the seasonal cycle of
insolation at the top of the atmosphere, resulting in a
decrease in the hemispheric average of June insolation
by 33 W/m? (6%) to the benefit of the January insola-
tion. In addition to precession, obliquity (i.e. the tilt of
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the Earth’s rotational axis) decreased by about 1° over
the last 9 kyr BP (Fig. 1b). Such a decrease in obliquity
causes a decrease of insolation in the summer hemi-
sphere. Hence, in the Northern Hemisphere, the effects
of precession and obliquity on June insolation summed
up during the Holocene. For example, at 65°N, the
summer solstice insolation decreased by about 46 W/m?
(10%) between 9 kyr BP and today (Fig. 1c). In addition
to its effect on summer insolation, the decrease in
obliquity caused an increase in annual mean insolation
between 43°S and 43°N at the expense of the high
latitudes. Namely, annual mean insolation at 65°N
decreased by 2.5 W/m? (slightly more than 1%) between
9 kyr BP and today (Fig. 1d).

In order to test to which extent the astronomical
forcing could explain the observed climatic changes, a
large number of model studies have been performed.
The first ones were based on atmospheric general cir-
culation models (AGCMs) (Kutzbach and Otto-Bliesner
1982; Kutzbach et al. 1993; Hall and Valdes 1997;
Joussaume and Braconnot 1997; Joussaume et al. 1999).
These model studies pinpointed the main consequences
of the changes in the seasonal and spatial distributions
of insolation between the mid-Holocene and today, i.e.
for 6 kyr BP, warmer summers in the Northern Hemi-
sphere and intensified northern tropical monsoon due to
enhanced sea-land temperature contrast. However, they
did not succeed in reproducing correctly the amplitude
of the climatic changes as recorded in data. For example,
in the Sahara, the precipitation increase between the
mid-Holocene and today simulated by these AGCMs
was too small to allow vegetation to develop in this area
as suggested by paleoenvironmental records. This is
most likely because important potential sources of
feedbacks, such as vegetation and ocean, were not taken
into account. In this context, a growing effort has been
devoted to assess the impact of vegetation changes in
AGCMs. Foley et al. (1994) showed, for example, that
in AGCM simulations of the 6 kyr BP climate,
prescribing a more northward extension of taiga (cold
boreal forest) caused, at northern high latitudes, an
additional warming of 4 °C in spring and 1 °C in the
other seasons. Likewise, Kutzbach et al. (1996) noticed
that replacing desert with grassland in North Africa
further enhances summer precipitation by 12% in this
area. TEMPO (1996) and Harrison et al. (1998) adopted
the inverse approach by showing that, when using the
climate simulated at 6 kyr BP by various AGCMs, the
BIOME vegetation model predicts an expansion of
boreal forest to 1.20 times of its modern area as well as
an expansion of ‘moisture-demanding’ vegetation in the
African and Asian subtropics. As a step beyond, several
coupled vegetation-atmosphere models have been
developed and utilised to study the mid-Holocene
climate. Claussen and Gayler (1997) simulated, with
the ECHAM-BIOME model, an increase by 300% in
summer precipitation in North Africa, along with a 6°
northward advance of savanna in the western Sahara,
which suggest that the climate changes in response to the
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astronomical forcing are even larger when the positive
feedbacks between climate and vegetation are taken into
account. This result was subsequently corroborated by
Texier et al. (1997) and Doherty et al. (2000) (with,
however, a less dramatic increase in North African
precipitation). Texier et al. (1997) also reported a re-
duction of boreal tundra area by 25%.

In parallel, simulations of the mid-Holocene climate
with coupled atmosphere—ocean models (AOGCMs)
highlighted the positive feedback of the ocean for the
penetration of northern summer monsoon (Kutzbach
and Liu 1997; Hewitt and Mitchell 1998; Bush 1999;
Braconnot et al. 2000). Otto-Bliesner (1999) also stressed
the possible role played by changes in ENSO regimes for
Sahel precipitation. Very recently, AOGCM simulations
with an interactive vegetation component started to be
conducted: Braconnot et al. (1999) found that the pos-
itive feedbacks of vegetation and ocean for summer
monsoon do not merely sum up but exhibit a positive
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Fig. 1a—d Astronomical forcing over the last 9 kyr BP. a Precession
parameter, defined as eccentricity times the sine of the perihelion;
b obliquity; ¢ summer solstice insolation at 65°N; d Annual mean
insolation at 65°N
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synergy. Up to now, no ocean-vegetation-GCM study
focused on ocean-vegetation synergies in the northern
high latitudes.

Despite the increasing performance of these GCMs,
their results remain difficult to interpret. First, GCM
simulations assume that the climate is in equilibrium with
the external forcing, which is not necessarily the case.
Secondly, they do not give information about the time
evolution of the system, and, in particular, about the
timing of the important climatic transitions. Finally, the
high computational cost of these models makes it im-
possible, in practice, to afford a large number of sensi-
tivity tests. A complementary approach, based on Earth
system models of intermediate complexity, is followed
here to overcome these problems. These models have
a coarse resolution and include physical processes with a
higher level of parametrisation. However, they include
a large number of climatic components (this is sometimes
referred to as integration) and their advantageous com-
puting cost allows for numerous transient experiments
over several millennia (Claussen et al. 2001).

Ganopolski et al. (1998) initiated this approach for
the Holocene. They used an Earth system model of in-
termediate complexity to study the feedbacks and syn-
ergies related to ocean and vegetation in the 6 kyr BP
climate. The same model was then used to study the
transient behaviour of climate throughout the last 9 kyr
(Claussen et al. 1999). The authors suggested, in par-
ticular, that the abrupt desertification of the Sahara,
some 5000 years ago, is a response to the astronomical
forcing amplified by a positive feedback between vege-
tation and precipitation. The present study is in the line
of this approach, but with a focus on the northern high
latitudes. At these latitudes, vegetation is not so much
limited by precipitation but rather by summer temper-
ature (Woodward 1987; Prentice et al. 1992). Hence, as
an extension of the work by Claussen et al. (1999) about
the vegetation-precipitation feedback in the tropics, we
will try to determine whether the vegetation-temperature
feedback in the high latitudes could have triggered rapid
shifts of the northern treeline position in response to the
astronomical forcing. According to data, such a rapid
displacement of the treeline possibly occurred between
4000 and 1000 years ago (MacDonald et al. 2000).

To reach this goal, we have investigated the time-
dependent response of the climatic system to insolation
and CO, variations during the Holocene using MoBi-
diC. This climate model includes dynamical equations
for the atmosphere, the oceans, the sea ice, the land
surface and the terrestrial vegetation. We proceeded in
two steps. First, two snapshot experiments were per-
formed in order to compare the model performance
against present-day climatology and outputs from
GCMs for the 6 kyr BP climate, respectively (Sect. 3).
Next, a series of nine transient experiments over the last
9 kyr have been carried out (Sect. 4). These transient
experiments were designed (1) to examine the respective
roles played by changes in vegetation, ocean tempera-
ture and sea-ice area during the Holocene, and (2)
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to discriminate between the impacts of precession,
obliquity and atmospheric CO, concentration. Discus-
sion and conclusion follow in Sect. 5.

2 Description of model and calendar

2.1 Model

MoBidiC is described in the Appendix. Here, we only give the main
elements relevant for the discussion of the results. The model links
a zonally averaged atmospheric model to sectorial representations
of the land surface and of the ocean. This means that each zonal
band is divided into different sectors representing the main conti-
nents (Eurasia-Africa and America) and oceans (Atlantic, Pacific
and Indian). Each continental sector can be partly covered by
snow, and similarly, each oceanic sector can be partly covered
by sea ice (with a possible snow layer). The atmospheric component
is based on the zonally averaged, quasi-geostrophic formalism and
includes additional parametrisations to represent the transports by
the Hadley cells. This quasi-geostrophic atmospheric model is
much more efficient than the primitive-equation formalism because
it allows for a rather large time step (two days, here). The relatively
high number of parameters in the Hadley cell parametrisation
requires, however, a careful assessment of the model’s sensitivity to
these internal parameters (Gallée et al. 1991). The radiative transfer
explicitly calculates the downward and upward longwave and
shortwave radiations in up to 15 vertical layers. The ocean
component is based on the sectorially averaged form of the multi-
level, primitive-equation ocean model of Bryan (1969). A simple
thermodynamic—dynamic sea-ice component is coupled to the
ocean model. It is based on the zero-layer thermodynamic model of
Semtner (1976), but includes an advection scheme with prescribed
ice velocities. Finally, MoBidiC includes the dynamical vegetation
model VECODE developed by Brovkin et al. (1997). It is based on a
continuous bioclimatic classification which describes vegetation as
a composition of simple plant functional types (trees and grass).
Equilibrium tree and grass fractions are parametrized as a function
of climate expressed as a sum of degree-days and annual precipi-
tation.

2.2 Calendar

Discussion of paleoclimate simulations requires an accurate defi-
nition of the calendar used, i.e. how months and seasons are
defined. In MoBidiC, each year is divided into 12 months of 30
days each. The vernal equinox is the 80th day of the year. Another
possibility would have been to define months of equal Sun true
longitude interval. Both calendars present the advantage to avoid
as much as possible references to the present-day Gregorian
calendar, except for the choice of the vernal equinox. During the
Holocene, the first day of a given month may differ by up to five
days depending on the selected definition (equal longitude or
duration). Although Joussaume and Braconnot (1997) suggested
that a month definition based on its angular length may be more
appropriate for comparing model outputs with paleorecords
because this “‘better accounts for the phasing of the insolation
curves”, we preferred to keep month of equal duration as a more
convenient way to present the seasonal evolution of temperature
and sea-ice area. However, summer and winter temperatures will
generally be represented by the maximum and minimum values of
the seasonal cycle, which do not depend on the calendar.

3 Snapshot experiments

3.1 Control experiment: pre-industrial forcing

The control simulation is performed with present-day insolation
and a CO, concentration of 280 ppmv. The equilibrium is
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obtained by starting the model integration from present-day
climatological conditions for the atmospheric component, and
oceanic temperature and salinity distributions simulated with
the ocean-alone model using a surface restoring to present-day
temperature and salinity fields (Hovine and Fichefet 1994). The
model, including the dynamical vegetation scheme, then evolves
towards its own equilibrium. After 15,000 years of integration,
the simulated climate is stable, with a global annual mean sur-
face temperature of 14.5 °C and a global annual mean SST of
18.0 °C. The seasonal cycle of the zonally averaged surface
temperature compares favourably with Kalnay et al’'s (1996)
data, although some discrepancies are noticed (Fig. 2). First, the
model exhibits a cold bias in the northern polar regions, mainly
in winter. This bias is caused by the absence of deep convection
in the Atlantic basin north of 60°N and by the fact that the
northward advection of warm water along the Norwegian coast
up to 75°N is not accounted for. In addition, there is a warm
deviation reaching 4 °C in the 30-50°N latitude band. The model
also slightly overestimates the surface temperature in equatorial
regions, especially during the first half of the year.

The model captures the main features of the annual mean SSTs
and sea-surface salinities (SSSs) as observed by Levitus (1982)
(Fig. 3). However, SSTs are generally too cold near the equator
and too warm in the tropics, especially in the Pacific Ocean.
Besides, the model does not reproduce well the salinity maxima
observed in the tropics. In the North Pacific, simulated SSS
appears overestimated, which artificially induces water sinking
down to about 750 m.

Figure 4 shows that the modelled deep-ocean temperatures
are in qualitative agreement with observations. The warm water
pool simulated at depth in the northern polar regions is attrib-
uted to the lack of convection north of 60°N in the Atlantic, as
discussed already. The figure also reveals the model limitation in
simulating the ocean dynamics in equatorial regions, the ther-
mocline being shifted downwards with respect to observations
there. The modelled southward transport of North Atlantic Deep
Water (NADW) at 27.5°S amounts to 12.4 Sv (1 Sv = 10°m?/s)
(not shown), and Antarctic Bottom Water (AABW) recirculates
below NADW up to 30°N in the North Atlantic, in agreement
with the description of water-mass distribution in the global
ocean given by Schmitz (1995).

The annual mean meridional oceanic heat transport, taken
positive northwards, amounts to 1.75 PW at 20°N and to
—1.52 PW at 25°S, which is consistent with observational esti-
mates (e.g. Hsiung 1985; Trenberth and Solomon 1994). The
simulated total ocean—atmosphere meridional heat transport
(Fig. 5) also favourably compares with observations (e.g. Keith
1995). However, in the atmosphere, the model overestimates the
dry static heat transport at the expense of the latent heat
transport, the latter being too weak, especially in the intertropics.
Although the formalism of the atmospheric model would make it
possible to remedy this shortcoming by an appropriate parameter
adjustment, such an operation would degrade the performance of
the oceanic model because this zonally averaged model is not
able to transport a large enough amount of salt from the
equator to the mid-latitudes, mainly because the horizontal gyres
are not represented. Therefore, the underestimation of the
atmosphere latent heat transport should rather be viewed as a
limitation inherent to the structure of the oceanic model than
one of the atmospheric component.

Finally, the observed seasonal cycle of the Arctic sea-ice
cover is satisfactorily reproduced, the model predicting a maxi-
mum ice area of 14.7 x 10° km? in March and a minimum of 6.4
x 10° km? in September. This is in broad agreement with the
values of 12.2 and 6.0 x 10° km® reported from the satellite
observations analysis by Gloersen et al. (1992). In the Southern
Ocean, the modelled ice pack disappears almost completely
in summer, with an area of about 0.5 x 10° km? in March. It
forms durin% the winter season, and its maximum area amounts
to 11.8 x 10° km? in September, which is slightly underestimated
when compared to the 14 x 10° km? reported by Gloersen et al.
(1992).
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3.2 Six kyr BP snapshot experiment

The 6 kyr BP climate has been extensively studied, in particular in
the framework of the Global Palacovegetation Mapping project
(BIOME 6000, Prentice and Webb 1998) and in the Paleoclimate
modelling intercomparison project (PMIP, Joussaume et al. 1999).
Hence, before discussing transient simulations, it was relevant to
perform a simulation of the 6 kyr BP climate with MoBidiC in
order assess its sensitivity and to confront it with these earlier
published model results and data.

The model is started from its pre-industrial equilibrium and is
run under 6 kyr BP orbital forcing (Berger 1978) (Fig. 6a) and a
CO, concentration of 267 ppmv (Indermiihle et al. 1999) over
15,000 years. The Greenland and Antarctic ice sheets are prescribed
as today.

3.2.1 Continental surface temperature

The seasonal and latitudinal distribution of the 6 kyr BP —0 kyr
difference in insolation at the top-of-the-atmosphere and in simu-
lated continental temperatures are compared in Fig. 6a,b. North of
60°N, the model simulates a warming throughout the year, of about
4 °C in spring and summer and 1 °C in autumn and winter. The
southward displacement of the northern treeline plays an important
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Fig. 2a, b Seasonal cycle of zonally averaged surface temperature
(in °C) as a function of latitude. a Control simulation results are
compared to b observations by Kalnay (1996)
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role on this warming, by contributing about 5 °C of the tempera-
ture increase during spring and about 1 °C during summer (Sect.
3.2.5). This is consistent with both models and data (Foley et al.
1994; Texier et al. 1997; Prentice and Webb 1998), although a
warming as high as 5 °C is in the upper range of usual estimates.

South of 60°N, vegetation changes are smaller and have much
less impact on climate than in the high latitudes. Hence, surface
continental temperatures reproduce roughly the insolation anoma-
lies with a lag by about 1 month due to the continental thermal
inertia. As a consequence of the tilt of the insolation anomaly pat-
tern shown in Fig. 6a, the maximum temperature deviation occurs
later in the year as one moves southward. This tilt also appears when
using a calendar based on true longitude intervals, so that one can
say that the tilt of the temperature pattern is not qualitatively
affected by the choice of calendar (Berger 1983; Joussaume and
Braconnot 1997). The main disagreement between MoBidiC and
GCMs concerns the tropics. Indeed, an AGCM (Hall and Valdes
1997) and an AOGCM (Braconnot et al. 2000) simulate colder
summers than at present in the northern tropical regions (especially
in Africa). In the GCMs, monsoon intensification and the associ-
ated increase in continental precipitation produce an increase in
both soil moisture and wind speed. Both features enhance conti-
nental evaporation, eventually cooling the surface.

3.2.2 Sea-surface temperature

The SST deviation pattern mimics the insolation pattern with a time
lag of about 75 days (Fig. 6¢). Because of the ocean thermal inertia,
the lag is larger than on the continent and temperature deviations

are reduced in magnitude. The Northern Hemisphere maximum
deviation occurs in September—October, between 30 and 70°N.
Interestingly, the deviation is slightly weaker in the 50-60°N band
because the winter mixed layer is very deep there (up to 1500 m in
the Atlantic). This induces a very high thermal inertia, so that the
amount of heat necessary to increase the SST in spring and summer
is larger than in the neighbouring latitudes. This feature is also
present in the GCM results of Braconnot et al. (2000). As noticed
for continental temperatures, the maximum deviation occurs later
as one moves southwards, reflecting the pattern of insolation de-
viations. As a consequence, the summer meridional SST gradient in
the Northern Hemisphere is slightly reduced when compared to
today, August temperatures experiencing the largest positive vari-
ations in the highest latitudes. For the following discussion, it is
worth stressing that the magnitudes of the SST deviations simu-
lated here are compatible with previous estimates based on
OAGCMs using explicit ocean dynamics (Hewitt and Mitchell
1998; Otto-Bliesner 1999; Braconnot et al. 2000).

3.2.3 Heat transport

The pattern of the atmospheric heat-transport changes (Fig. 7a) is
essentially characterised by a decrease of summer atmospheric
transport by about 0.5 PW, centred between 0 and 40°N. This
difference shows the response of the Hadley cells to the smaller
meridional gradient of insolation in summer and is consistent with
the AOGCM results presented by Braconnot et al. (2000). Contrary
to the atmosphere, the oceanic transport is very little affected
(Fig. 7b). Changes do not exceed 0.1 PW, which is too small to



48

a) Zonally averaged temperature — control
S

9 C
=12 —
978

Fig. 4a, b Latitude-depth distributions of the annual mean, zon-
ally averaged potential temperature (in °C) in the global ocean.
a Control simulation results; b observations of Levitus (1982)

produce a significant variation in the heat balance. In particular,
the simulated thermohaline circulation is almost identical at 6 kyr
and 0 kyr BP, NADW being exported in both cases at a rate of
12.4 Sv at 27.5°S.

3.2.4 Arctic sea ice

Figure 8 displays the seasonal cycles of the simulated Arctic sea-ice
area for 6 kyr BP and 0 kyr BP. At 6 kyr BP, larger spring and
summer insolation accelerates the summer sea-ice melting, reducing
by 3 x 10® km? (i.e. 40%) the area of the perennial ice pack. In
annual mean, the Arctic sea-ice area is reduced by 9% with respect
to today. This decrease is much weaker than the one obtained by
Ganopolski et al. (1998), the main difference being that, in the
present study, no change occurs in winter sea-ice. Unfortunately,
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Fig. 5 Modelled annual mean total northward heat transport
(solid line) with the different contributions: atmospheric dry static
transport (dot-dashed), atmospheric latent heat transport (dashed)
and oceanic transport (dotted). The circles represent the total heat
transport of energy in the atmosphere—ocean system estimated by
Keith et al. (1995)

data do not enable us to be conclusive. Qualitative reconstructions
based on driftwood and whale bones (Kerwin et al. 1999 and
references herein) as well as the more quantitative estimates based
on dinocysts assemblages by de Vernal and Hilaire-Marcel (2000)
support the fact that the summer Arctic sea ice was less extensive
during the mid-Holocene with respect to today, but they do not
give clear indications about its winter areal coverage.

3.2.5 Vegetation

The 6 kyr climate is characterised by a northward displacement of
the boreal treeline with respect to today (Fig. 9). This treeline shift is
essentially due to a warmer and longer growing season at 6 kyr.
Indeed, the model represents the impact of summer temperature on
vegetation by the way of the GDDO index (growing degree-days
above 0 °C) that is defined as the annual sum of the continental
surface air temperatures for days during which this temperature
exceeds 0 °C (this is the growing season). In this way, both summer
temperature and the length of the growing season (i.e. number of
days of positive temperature) are taken into account. In MoBidiC,
the larger summer insolation in June produces an initial northward
displacement of the treeline (i.e. an extension of taiga). As a conse-
quence, snow albedo is reduced. This accelerates the snow melting in
spring and early summer, so that positive temperatures appear
earlier in the seasonal cycle. This lengthens the growing season and
strengthens the vegetation shift. The combination of warmer
summers (by up to 4 °C between 60 and 70°N between 6 kyr BP and
present) and longer growing seasons (by 18 days between 6 kyr BP
and present) eventually increases the GDDO index (zonally averaged
between 60 and 70 °C) by 75%, resulting in a northward treeline
shift of 600 km. Such a shift is larger than usually estimated
(Prentice and Webb 1998; MacDonald et al. 2000), which may
suggest a tendency of the model to overestimate the impact of the
astronomical forcing on the treeline position. Comparisons with
vegetation-GCM coupled models lead us to similar conclusions: the
simulated 6 kyr BP boreal forest expands here to 1.31 times its
modern area (19.6 x 10° km? instead of 15.0 x 10 km?), while
according to GCM-based predictions, this expansion should not
exceed 1.20 (Harrison et al. 1998). A possible explanation of this too
strong sensitivity might be the lack of convection sites in the ocean
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north of 60°N. Indeed, the warm branch of North Atlantic circu-
lation that goes up to 75°N is known to induce, in the real world, a
strong axial asymmetry, the Norwegian climate being typically
much milder than the Siberian one. On the other hand, recon-
structions show that the largest vegetation shifts occurred in
Northern Siberia (Prentice and Webb 1998; MacDonald et al. 2000),
while there were much smaller in Scandinavia. This observation
suggests that the mild maritime climate of Scandinavia is less
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Fig. 8 Seasonal cycles of the Arctic sea-ice area (in 10° km?) for
0 kyr and 6 kyr as simulated in snapshot experiments

sensitive to variations in summer solar radiation, a feature that is not
captured by MoBidiC.
3.2.6 Precipitation

The model simulates small changes in the zonally averaged
precipitation. North of 60°N, the 6 kyr precipitation is, in
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Fig. 10a, b Transient experiment AOV. Simulated evolutions of
a the zonally averaged SST and b the zonally averaged continental
temperature between 60 and 70°N over the last 9 kyr BP. Annual
means (full lines) are plotted along with the maxima and minima of
the 30-day running average (dashed lines). The dash-dotted lines
represent the temperature evolutions in a transient experiment in
which vegetation is imposed to be instantaneously in equilibrium
with climate (AOV*). The dots represent the values obtained in
corresponding equilibrium runs (see Sect. 4.2 for details)
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Fig. 11a, b Transient experiment AOV. a Time evolution of the
area of forest north of 50°N (solid line). The dash-dotted line
represents the evolution of boreal forest area obtained in a transient
experiment in which vegetation is imposed to be instantaneously in
equilibrium with climate (AOV*). b Time evolution of Arctic
sea-ice area over the last 9 kyr BP. The annual mean (solid line) is
plotted along with the annual maximum and minimum area
(30-day average, dashed lines). In both figures, the dots represent
the values obtained in corresponding equilibrium runs

annual mean, 0.08 mm/day larger than today, in response to the
increase in evaporation in the Atlantic and Pacific oceans. The
increase is largest in summer (0.3 mm/day). Such small differ-
ences are coherent with the GCM estimate of Foley et al. (1994)
and certainly confirm that the treeline shift simulated by our
model is thermally driven. Indeed, sensitivity studies show that
the difference in precipitation simulated between 6 kyr and 0 kyr
would be responsible, alone, for changes in boreal forest area
no larger than about 0.2%. Hence, we conclude the GDDO
is clearly the dominant factor in driving the northern treeline
shift.

3.3 Implications

According to these 6 kyr BP and preindustrial snapshot experi-
ments, MoBidiC appears as a valid tool, complementary to
GCMs, to study the non-linear interactions between climatic
processes in the mid- and high latitudes, despite a possible over-
sensitivity of vegetation to the orbital forcing. In the intertropical
regions, the simulated temperature pattern remain, in zonal aver-
age, in reasonable agreement with GCMSs. In particular, the model
correctly represents the impact of the astronomical forcing on the
activity of the Hadley cells. However, the model does not simulate
the slight continental cooling simulated by GCMs in intertropical
continents. More fundamentally, it misses the important redistri-
butions of heat and water-vapour between the oceans and the
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Table 1 Description of the
sensitivity experiments present-
ed in this study
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esin® e CO, Vegetation Ocean-—sea ice
AOV BER78 BER78 T.Dome Yes Yes
AOV* BER78 BER78 T.Dome Yes Yes
A BER78 BER78 T.Dome No No
AO BER78 BER78 T.Dome No Yes
AV BER78 BER78 T.Dome Yes No
AOV-C -0.0145 24.2316 T.Dome Yes Yes
AOV-P BER78 24.2316 261 Yes Yes
AOV-0O -0.0145 BER78 261 Yes Yes
AOV-PO BER78 BER78 261 Yes Yes

All the experiments start from the same initial conditions, obtained from an equilibrium experiment
using the 9 kyr BP astronomical parameters and a CO, concentration of 261 ppmv. The first series
aims at studying the role of the different components (vegetation, ocean—sea ice). ‘No’ means that the
subcomponent is fixed to its 9 kyr BP state. The second series aims at testing the role of the different
forcings (astronomical forcing and CO,). esin @ and ¢ are the precession parameter and the obliquity,
respectively. They can be fixed to their 9 kyr BP value or computed using the analytical formulation of
Berger (1978) (BER78). T.Dome means that the CO, concentration is obtained from a 3-rd order
polynomial fit on the Taylor Dome ice core measured by Indermiihle et al. (1999). AOV* is equivalent
to AOV, except that in AOV* vegetation is forced to be instantaneously in equilibrium with climate

Zonally averaged continental temperature between 60 and 70 N

T T T T T T T T

16.0 |- (a) i

14.0 - . R
Q —— A NS
° — - AV
--- AO
— AOV
12.0 + AO+AV-A N i
MAXIMUM
10.0 Il 1 1 L 1 L 1 L
9000 8000 7000 6000 5000 4000 3000 2000 1000 O
Zonally averaged continental temperature between 60 and 70 N
-20.5 \ T T T T ; T T
MINIMUM _eemT T T
(@]
-30.5 | R
— A S
- AV
--- A0
—— AOV
AO+AV-A

_31 1 L L 1 ! 1 L
9000 8000 7000 6000 5000 4000 3000 2000 1000 O
time (cal years BP)

Fig. 12a, b Sensitivity of northern continental temperatures (be-
tween 60 and 70°N) to the presence of vegetation and oceanic
feedbacks in the model. a Annual maximum (30-day running
average), b annual minimum (30-day running average). Definitions
of A, AO, AV and AOV are given in Table 11. The dotted curve
represents the response of the system assuming no synergy between
oceans and vegetation (see Sect. 4.3 for further details)

continents, yet clearly evidenced by the data. These limitations
of our model are basically linked to its structure, which is
not designed to represent monsoon dynamics satisfactorily. In
the following sections, we take benefit of its advantageous com-

puting cost and will focus on the transient aspect of vegetation—
ocean—atmosphere interactions in the northern high latitudes
throughout the last 9 kyr.

4 Holocene transient experiments
4.1 Standard experiment (AOV)

The standard experiment, hereafter referred to as AOV,
is designed to study the transient behaviour of climate
over the last 9 kyr using interactive ocean—sea ice (O)
and vegetation (V). Initial conditions have been
obtained by integrating the model under the 9 kyr BP
seasonal distribution of insolation and a CO, concen-
tration of 261 ppmv until equilibrium. The model
integration is then carried out for 9000 years under the
orbital and CO, transient forcings. The orbital
parameters are computed according to Berger (1978).
The atmospheric CO, concentration is taken from a
third-degree polynomial best fit to the Taylor Dome
ice-core data from Indermthle et al. (1999). For all
experiments, the Greenland and Antarctic ice sheets are
prescribed as today.

The simulated globally averaged annual mean tem-
perature varies little. It increases from 14.60 to 14.65 °C
between 9 kyr and 3 kyr BP, and then decreases back to
14.55 °C. However, in the northern high latitudes, and
more specifically between 60 and 70°N, the model
exhibits a clear cooling trend throughout the Holocene,
especially in summer, both over oceans and continents
(solid and dashed lines on Fig. 10). The trend is roughly
gradual, with two noticeable features.

1. The variation is fastest between 4 and 1 kyr BP. This
feature is associated with a hastening of the treeline
shift, about 80% of the reduction of the boreal forest
area occurring after 4 kyr BP (Fig. 11a), which is
consistent with the reconstructions by MacDonald
et al. (2000). This vegetation effect is enhanced by a
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substantial increase in sea-ice area between 4 and
1 kyr BP (Fig. 11b) and a decrease in summer SSTs
(Fig. 10a). As this will be developed more in depth in
Sect. 4.4, this feature is essentially linked to the non-
linear relationship that prevails between tree area
and summer temperature. The phenomenon is thus
in some way similar to the Sahara desertification
simulated by Claussen et al. (1999), except that it
does not present the same abruptness.

2. Winter continental temperatures between 60 and 70°N
do not vary monotonously. Overall, the variations are
very weak. They pass through a maximum about 3 kyr
BP and decrease afterwards by 0.5 °C until the present
day.

Arctic sea ice area

7 T " T T T :
(a)
MINIMUM AREA ///
6 - i
" aov

o~ 5 [ - ]
c i
X -

o) - AO
-~ 4 | -

3 r _
2 //L i I3 L i ] Il
9000 8000 7000 6000 5000 4000 3000 2000 1000 0
Zonally averaged SST between 60 and 70 N
2.8 T T T T T
(b)
2.6 1
AO

(6] ——

o N
2.4 1
22 AN .

AoV
MAXIMUM TEMPERATURE

2 1 1 ] 1 L L Il Il
9000 8000 7000 6000 5000 4000 3000 2000 1000 0
time (cal years BP)

Fig. 13a, b Sensitivity of summer Arctic sea-ice area and SST to
the presence of an active vegetation component in the model.
a Minimum arctic sea-ice area (30-day running average); b maxi-
mum SST between 60 and 70°N (30-day running average). The
meaning of AO and AOV are given in Table 1
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The thermohaline circulation exhibits a slight slow-
down throughout the Holocene, the NADW export into
the Southern Ocean decreasing from 12.7 Sv to 12.4 Sv
(not shown). Most of this decrease occurs between 9 and
6 kyr BP and is essentially a response to the increase in
winter atmosphere temperature above convective areas
(i.e., in our model, between 40 and 60°N) that reduces
slightly the latent and sensible heat fluxes from the ocean
to the atmosphere.

4.2 Deviation with respect to equilibrium

We performed eight additional equilibrium experiments,
using astronomical and CO, forcings corresponding to 0
to 8 kyr BP by step of 1 kyr, in order to assess to what
extent the climate simulated in the transient run deviates
from the equilibrium responses to the external forcing.
The corresponding results are represented by the dots
plotted on Figs. 10 and 11. In this way, the deviation
between transient states (solid and dashed lines) and the
corresponding equilibrium states (dots) can be easily
quantified.

In general, the change in forcing is sufficiently slow to
allow the system to remain close to the equilibrium,
especially before 4 kyr BP. Afterwards, the equilibrium
climate changes more rapidly as the astronomical forc-
ing evolves in time. The transient climate cannot adjust
sufficiently quickly and a lag between transient and
equilibrium climates appears. The largest deviation be-
tween transient and equilibrium states is noticed at 2 kyr
BP. Transient climate then lags behind the equilibrium
by about 200 years, so that high latitudes maximum
continental temperature and SST are about 0.4 °C and
0.05 °C above their equilibrium values, respectively.

An additional sensitivity experiment, called AOV*,
enabled us to determine whether this lag is due to the
vegetation or to the ocean. Its experimental setup is
the same as in the standard experiment, except that the
vegetation is forced to be instantaneously in equilibrium
with climate. The dash-dotted lines in Fig. 10a, b and
11a represent the time evolution of temperature and
forest area obtained in this way. One can see that they go
through the equilibrium points, showing that the system
remains then very close to equilibrium, even between 4
and 1 kyr BP. This implies that the 200-year time lag
observed in AOV, and vanishing in AOV*, originates
from the vegetation response, which is consistent with
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Fig. 15 Analysis of the effects of the different components of the
forcing on a the zonally averaged, annual mean SST between 60
and 70°N and b the zonally averaged, annual mean continental
temperature between 60 and 70°N

the characteristic time of vegetation renewal time at
these latitudes. In contrast, the ocean introduces no lag,
which suggests that SST variations are too small to give
a significant role to the ocean thermal inertia.

4.3 Amplifying mechanisms and synergies

A series of sensitivity experiments has been carried out
to study the individual roles of the ocean and the vege-
tation in the climatic changes simulated over the last
9 kyr BP. Experiments were designed in order to be
consistent with the separation-factor technique of Stein
and Alpert (1993), extended by Berger (2001) and
Kubatzki et al. (2000) (Table 1). In experiment A
(atmosphere only), the seasonal cycle of SST and sea-ice
area as well as the distribution of the vegetation are kept
constant to their 9 kyr BP equilibrium. In AV, ocean
temperature and sea-ice cover are prescribed to their
9 kyr BP state, while vegetation is computed interac-
tively by VECODE. In AO, the vegetation is fixed to its
9 kyr BP distribution, while ocean currents, surface
temperature and sea-ice are computed by the ocean-sea-
ice model. By comparing the results obtained in AV and
AO with those from A, it is possible to assess the pure
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Fig. 16 Analysis of the effects of the different components of the
forcing on a the Arctic sea-ice area, b the area of forest north of
50°N and ¢ GDDO index between 60 and 70°N

contributions of the vegetation (AV-A) and the ocean
(AO—-A) in amplifying (or possibly damping) the effects
of the external forcing as simulated in A. Then, it is
possible to identify potential synergies between vegeta-
tion and ocean. This synergy can be quantified by the
additional deviation simulated between AOV and A
with respect to the sum of the pure contributions of
ocean and vegetation (AOV—A compared to (AV-A) +
(AO-A)).

Figure 12 shows the simulated time evolution of
continental temperature between 60 and 70°N in sum-
mer (a) and winter (b) for the different sensitivity
experiments. In A, the model exhibits a gradual and
monotonous trend. The evolution of summer continen-
tal temperature reflects quite linearly the external forcing
variation, i.e. a decrease in June insolation by 44 W/m”.
In winter, variations in insolation are very small, but the
effects of winter insolation increase at lower latitudes are
communicated to the high latitudes through a very slight
increase in atmospheric heat transport (about 0.05 PW).
Introducing the ocean (AO) slightly damps the summer
continental cooling trend, while it strengthens its winter
warming trend. Over the entire time interval, this effect
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amounts to a few tenths of degrees both in winter and
summer. The tendency of the ocean to damp astro-
nomically induced summer temperature variations on
the continents was already noticed by Ganopolski et al.
(1998) and Braconnot et al. (2000) when comparing
6 kyr BP and 0 kyr snapshot simulations. This results
from the thermal inertia of the ocean that introduces a
lag between the seasonal cycle of insolation and the
oceanic response. Because of this lag, the mid-latitudes
May SST in the Northern Hemisphere increase
throughout the Holocene by about 0.5 °C, although
May insolation experiences little variations. As a con-
sequence of this warming, continental snow melting is
enhanced with respect to A, leading to warmer summers
in AO. The strengthening of the continental winter
warming trend caused by the ocean can be explained in a
similar way. The increase in summer and autumn inso-
lation in the mid-latitudes (between 30 and 60°N)
produces an increase in winter SST by about 1 °C.
Because of the resulting enhanced meridional tempera-
ture gradient, the atmospheric heat transport to the high
latitudes is strengthened, which induces a warming of
the continents north of 60°N.

Interactive vegetation (AV) also produces important
alterations of the temperature trends. It amplifies the
summer cooling and introduces a winter cooling be-
tween 4 kyr BP and 0 kyr. Let us remember that the
impact of vegetation is expected to be mainly through
the albedo of snow-covered land surface. The impact of
vegetation on summer temperatures is therefore not
straightforward because there is very little snow during
this season (the maximum continental temperature, as
plotted in Fig. 12, occurs around the 15th July). Actu-
ally, due to its effect on snow albedo, expansion of
tundra strongly reduces the snow-melting rate in spring.
Thaw is consequently delayed which, considering the
one month thermal inertia of the continents, explains
lower July temperatures.

Finally, comparing AOV with AV and AO reveals
that, in this model, the contributions of the ocean and
vegetation sum up roughly linearly. Indeed, the dotted
curves, representing AO + (AV-A), i.e. assuming that
the pure contributions of oceans and vegetation to the
continental temperature sum up linearly, are very close
to AOV. This result suggests a weak synergy between
vegetation and ocean during the Holocene, which sub-
stantially differs from the conclusions drawn out by
Ganopolski et al. (1998) with CLIMBER. It is then
interesting, at this stage, to attempt to identify the rea-
son for this weak synergy.

The physical interpretation of the vegetation—ocean
synergy is mainly based on the idea that the spring
cooling related to the treeline recession reduces the sea-
ice melting rate (contribution of the southward
displacement of the treeline to the ocean cooling). As a
consequence, summer sea-ice area increases, which fur-
ther reduces summer continental temperatures and
eventually accelerates the vegetation shift (contribution
of the ocean cooling to the vegetation shift). The
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difference in synergy strength exhibited between
CLIMBER and MoBidiC may lic either in the contri-
bution of the vegetation shift to the ocean cooling, either
in the contribution of the ocean to vegetation changes,
or in both. Figure 13 shows that the southward dis-
placement of the treeline causes a further increase in sea-
ice area by about 1.5 x 10° km? in AOV with respect to
AO, while maximum SSTs (i.e. around the 20th August)
between 60 and 70°N are 0.4 °C colder by the end of the
run. Although significant, the contribution of vegetation
to the ocean-sea-ice system is here less than in
CLIMBER, where the vegetation shift causes an addi-
tional increase in northern sea-ice by 2.5 x 10° km? be-
tween 6 kyr BP and 0 kyr. Focusing now on the
contribution of the ocean cooling on the vegetation shift,
one notices that the latter is similar in AV and in AOV
(Fig. 14), which suggests that the variations simulated in
the ocean temperature and sea-ice area do not signifi-
cantly alter the behaviour of the treeline. Actually the
effect of the ocean on the boreal forest is quite opposite
to what would be expected for a positive synergy, the
simulated expansion of tundra and cold desert
throughout the Holocene being reduced when the ocean
is taken into account (i.e. the area of boreal forest de-
creases less). This feature results from the increase in
mid-latitude SSTs in spring and early summer, that is
communicated to the atmosphere. As a consequence, the
simulated spring SST increase tends to increase the snow
melting rate, thereby counteracting the effect of insola-
tion on vegetation. This is not the case in CLIMBER, in
which the vegetation shift is slightly larger in AOV than
in AV. This is probably because in contrast to MoBidiC,
CLIMBER exhibits much less winter sea-ice at 6 kyr BP
than today. In turn, this promotes earlier sea-ice and
snow melting which eventually benefits the boreal veg-
etation. Hence, we conclude that sea-ice sensitivity, es-
pecially in winter, is probably the key point of the
difference between both models in ocean-vegetation
synergy strength.

4.4 Decomposition of the external forcing

In this section, we present sensitivity studies designed to
assess the respective influences of the different compo-
nents of the external forcing. Two components basically
contribute to the external forcing: the orbital forcing and
the CO,. Hence, we first performed two experiments: in
AOV-PO, only the orbital forcing is applied and CO, is
kept constant to its value of 261 ppmv throughout the
run. Conversely, in AOV-C, CO, varies as in AOV and
orbital parameters are kept constant to their 9 kyr val-
ues. Then, two additional sensitivity experiments were
performed to assess the individual contributions of
precession and obliquity in the orbital forcing. These
experiments are referred to as AOV-P and AOV-O. In
AOV-P, only the precession parameter (which is a
function of eccentricity and the longitude of perihelion)
varies while obliquity is fixed. The reverse configuration
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is applied in AOV-O. All of these experiments are de-
fined in Table 1.

Figure 15 illustrates the effects of the individual
forcing components on the zonally averaged SST and
continental temperatures. It follows several observations
highlighting the non-linearity of the climatic system:

1. The effect of introducing CO, variations is not the
same depending on whether variations in the orbital
forcing are taken into account or not. Indeed, under a
constant astronomical forcing (experiment AOV-C),
the CO, is responsible for a 0.3 °C increase in annual
mean continental temperature (between 60 and 70°N)
and fora 0.1 °Cincrease in SST. When changes in the
orbital forcing are taken into account, introducing
the CO, may temporarily lead to differences as high
as 1 °C on the continent, especially between 4 and
1 kyr BP (compare AOV-PO and AOV in Fig. 15b).
This suggests that throughout the Holocene, the
high-latitude climate may have temporarily passed
through episodes of high sensitivity to CO,.

2. Considered alone, obliquity and precession have little
impact on annual mean temperatures. For example,
obliquity is responsible for a decrease of 0.1 °C in
annual mean SST between 60 and 70°N and of 0.4 °C
on the annual mean continental temperature. Pre-
cession has a slightly weaker impact than obliquity on
SST, while its impact on continental temperatures is
larger. The impact of precession on annual mean
temperatures is on its own a consequence of the non-
linear response of the climate. Indeed, precession
does not affect annual mean insolation (216.0 W/m?
at 65°N). The annual mean cooling between 60 and
70°N then results from an increase in the annual
mean surface albedo of the continents (about 3%),
due to the expansion of both the snow field and
tundra, which are sensitive to seasonal climatic vari-
ations (see Sect. 3.2.5).

3. Finally, it turns out that both precession and
obliquity are needed to produce substantial climatic
changes in the high latitudes during the Holocene.
In particular, the cooling simulated in AOV-PO
(about 2.2 °C in annual mean) is much larger that
the sum of individual contributions of precession
and obliquity (about 1 °C).

Part of these results is related to the non-linear rela-
tionship between the GDDO index and the tree fraction
in the high latitudes. Indeed, sensitivity studies made
with MoBidiC show that the tree fraction is particularly
sensitive to GDDO in a range extending from 400 to
about 1100 degree-days. (Brovkin et al. 2002). Above a
GDDO index of 1100 degree-days, the tree fraction is
close to its maximum and is much less sensitive to small
climatic variations. At 9 kyr BP, the simulated GDDO0
between 60 and 70°N amounts to 1150 degree-days
(Fig. 16¢). Throughout the Holocene, precession and
obliquity contribute to decrease this value, but applied
independently, they have a minor impact on the tree
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fraction. On the contrary, their combined impact is
significant because GDDO is then in a range where
vegetation is much more sensitive to climate. In partic-
ular, this explains why small changes in CO, concen-
tration have an important impact on the treeline at
about 2 kyr BP (compare AOV-PO with AOV), because
GDDO is then equal to about 700 degree-days, i.e. a
value for which the tree fraction is the most sensitive to
temperature.

5 Discussion and conclusion

The simulation of the temporal evolution of climate
over the last 9 kyr requires simplifications with respect
to AOGCMs in order to spare computing time. It was
also necessary to couple the most relevant components
of the climatic system at that time scale, including the
atmosphere, the ocean, sea ice and terrestrial vegetation.
The solution that has been retained here was to adopt a
sectorial structure to represent the Earth’s surface.
Despite this important simplification, MoBidiC presents
a sensitivity to the orbital forcing comparable to GCM
results. The simulated oceanic and continental temper-
ature differences between 6 kyr BP and 0 kyr snapshot
equilibria are consistent with earlier GCMs results,
especially at high latitudes.

On this basis, it has been possible to produce reliable
insights on the transient climate behaviour over the last
9 kyr BP, with a special focus on the northern high
latitudes. A first question was to determine to what ex-
tent climate is close to equilibrium during this period.
From comparisons performed between equilibrium and
transient experiments, we found that the deviation is
usually negligible, except between 4 and 1 kyr BP. It is
indeed during this period that, in agreement with the
data, most of the boreal vegetation reorganisations take
place, which implies a characteristic time of about 200
years. However, such reorganisations do not present the
abrupt character that characterised, for example, the
Sahara desertification. This lead us to conclude that, in
contrast to the precipitation—vegetation feedback oper-
ating in the tropics, the temperature—vegetation feed-
back is not sufficiently intense to trigger abrupt events in
response to the smooth orbital forcing.

Before 7 kyr BP, model results should be considered
with more caution. Indeed, one must keep in mind that
the persistence of the Laurentide ice sheet until 8 kyr BP
(Hughes et al. 1981; Peltier 1998; Lambeck et al. 2000) as
well as the long renewal time of ocean deep-water cer-
tainly impacted on the climate in the northern high
latitudes during this period. For example, the slight
slowdown of the thermohaline circulation simulated
between 9 and 6 kyr BP was obtained without consid-
ering the meltwater flow that originated from the re-
sidual Laurentide ice sheet during the early Holocene.
Also, Ruddiman and Mix (1993) reported an important
SST increase in the North Atlantic between 9 and 8 kyr
BP and similarly, diatom-based reconstructions suggest
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a decrease in sea-ice coverage between 9 and 7 kyr BP
(Kog et al. 1993). Such features, not predicted in our
simulations, are likely to result from the end of the
glaciation. As a consequence, we estimate that robust
conclusions about the early Holocene climate would
require much longer simulations covering the deglacia-
tion history, and including either a prescribed or an
interactive model of the ice sheets.

Two series of sensitivity experiments enabled us to
learn more about the mechanisms involved in the
Holocene climatic changes in the northern high lati-
tudes. The feedback analysis revealed that the ocean and
vegetation have opposite impacts on summer continen-
tal temperature trends. Due to its thermal inertia that
introduces a 2.5-month lag between insolation and SST,
the ocean reduces the summer continental cooling trend.
On the contrary, the southward shift of the treeline (i.e.
expansion of tundra) resulting from shorter and colder
growing seasons, enhanced the summer cooling trend,
both on the ocean and continent. These counteracting
influences of ocean and vegetation on summer conti-
nental temperatures can readily be identified by analy-
sing the pure contributions of vegetation and ocean, i.e.
by separately activating the vegetation and ocean mod-
els, the remaining component being prescribed. Coun-
teracting influences subsist when both vegetation
distribution and ocean temperature are calculated, the
impact of vegetation being then by far dominant. The
model exhibits a weak synergy between vegetation and
ocean, likely attributable to the rather weak sensitivity
of winter sea-ice to the astronomical forcing.

We have seen that this result is opposite to some
earlier works. Actually, assessing the ocean—vegetation
synergy is a complex matter because it requires us to
simulate, in a quantitative manner, the mutual interac-
tions between ocean and vegetation. Regarding this
question, an interesting problem, still unsolved, is to
assess the exact sensitivity of ocean temperatures at high
latitudes to orbital forcing. Indeed, although we stressed
that the SST changes simulated here are quantitatively
compatible with previous results of snapshot AOGCM:s,
two arguments arising from data analysis suggest that
they can be underestimated. First, according to some
reconstructions, summer Arctic SST could have been
4 °C warmer at 6 kyr BP than today (Kog et al. 1996;
Kerwin et al. 1999), i.e. much more than predicted by
models. Second, we showed with the forcing-decompo-
sition analyses that obliquity alone produces SST
changes of about 0.1 °C. Such small changes do not
satisfactorily explain the strong 40 kyr signal (i.e.
obliquity signal) found in the deuterium excess record
from Antarctica (Vimeux et al. 1999, 2001) suggesting
that in some manner obliquity exerted a significant
control on annual mean SSTs, at least in the Southern
Hemisphere.

As a last result, our forcing analysis leads us to sug-
gest that the high-latitude climate may have passed
through an episode of high sensitivity to the external
forcing when the expansion of tundra took place
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(between 4 and 1 kyr BP). At this stage, this result
cannot yet be regarded as definitely conclusive because
of the lack of resolution in MoBidiC. However, its two
main implications: (1) both obliquity and precession are
required to enable the treeline shift and (2) a 20 ppmv
change in CO, may have locally produced temperature
changes as high as 1 °C; are certainly two interesting
subjects for the GCM simulations.
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Appendix

Model description

MoBidiC is a global, 2.5-dimensional climate model with repre-
sentations of the atmosphere, the oceans, sea ice, the land surface
and terrestrial vegetation. It has a latitudinal resolution of 5°, and
each latitudinal band is divided into two continental sectors
(Eurasia—Africa and America) and three oceans (Atlantic, Pacific
and Indian). The longitudinal extent of the sectors (ocean and
continents) as well as the altitude of the continents are prescribed
according to the EToro 5 (1986) dataset. Each continental sector
can be partly covered by snow, and similarly, each oceanic
sector can be partly covered by sea ice (with a possible snow layer).

The atmospheric dynamics is represented by a zonally averaged,
two-level quasi-geostrophic (QG) potential vorticity model written
in pressure coordinates (Sela and Wiin-Nielsen 1971), with the
numerical implementation given in Gallée et al. (1991). The prog-
nostic variables for the atmosphere are the QG potential vorticity
at 250 hPa and 750 hPa. The atmospheric model allows to diag-
nose temperature at 500 hPa and wind vorticity at 250 hPa and
750 hPa, the latter being linearly extrapolated to the surface to
compute the zonal surface wind velocity. The prognostic equations
for each vertical level are closed by parametrising the meridional
transport of potential vorticity due to the baroclinic activity using a
diffusive formulation.

In order to reduce the limitations inherent to the QG formalism
between the tropics, Gallée et al. (1991) followed Held and Hou
(1980) and Peng et al. (1987) in parametrising the vertically inte-
grated heat transport (fp v0dp) associated with the mean meridional
circulation. We introduce here an additional parametrisation of the
vertically integrated meridional momentum transport by the
Hadley cell ([ uvdp) in function of the latitude ¢, that remains
consistent with the theory developed by Held and Hou (1980) in
order to enhance the representation of the trade winds:

*2
/Eﬁdp:—cuy /a@dp , (1)
Jp ShJp

where C, is an empirical constant (see Table 2 for constant and
parameter values), y* = (¢ — ¢o)/(¢n — o) Where ¢q and ¢y, are the
latitude of the intertropical convergence zone and the poleward
latitudes of the Hadley cells, respectively, calculated according to
Gallée et al. (1991), and S, is the relative difference in potential
temperature between the surface and the tropopause, the pressure
of which is calculated as a function of the zonally averaged surface
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Table 2 Constant and parameter values used in the model

Internal friction coefficient (Sela and Wiin-Nielsen 1971)

Parameter for the meridional heat transport by the mean meridional circulation (MMC)

Parameter for the meridional water-vapour transport by the MMC
Parameter for the meridional momentum transport by the MMC

Atmosphere
o 2.5%x 10% m* s? kg2 Static stability parameter
A 0.6x10°s"
€ 38x10°s! Surface drag coefficient
Cx 21 % 10" m? s
(Gallée et al. 1991)
C, 10" kg J!
. 0.5x 10 ms!' K!
T 0.72

Land surface

Cloud optical depth (adapted from Chou et al. 1981)

Parameter for evaporation (adapted from Saltzman 1980)
Parameter for evaporation (adapted from Saltzman 1980)

Maximum snow albedo over tundra for frozen snow

Maximum snow albedo over tundra for melting snow

Instantaneous thickness of new lead ice (Harvey 1988)
Minimum permitted lead fraction for thin ice (adapted from Harvey 1988)
Characteristic sea-ice thickness for lead fraction parametrisation (Harvey 1988)

Closure parameter for downsloping flow (Campin and Goosse 1999)

I 0.75 Surface relative humidity
a 0.7x103ms™!
b 45%x10°ms!
or 0.12 Albedo of snow-free trees
oG 0.25 Albedo of snow-free grass
op 0.35 Albedo of snow-free desert
Lrundra.fs 0.83
Aundra,ms 0.70
O raiga 0.40 Snow albedo over taiga
0.321 x 10 W m 2K Subsurface heat-storage coefficient
ks 03Wm!K! Thermal conductivity of snow
Sea ice
Sice 4 psu Salinity of sea ice
i 204Wm ! K! Thermal conductivity of sea ice
h() 1 m
* 0.13
T1 3m
Ol imax 0.75 Maximum albedo of sea ice
Ly i 0.40 Minimum albedo of sea ice
Ocean
Ay 2x10°m? 5! Horizontal viscosity
I 1x103 m?s! Vertical viscosity
Ay 1.2%x10°m?s7! Horizontal diffusivity
K 0.7x 104 m?s™! Vertical diffusivity
Y 10s
€ 0.5
Fix 1 Sv

Closure parameter as in eq. (9) of Wright and Stocker (1992)
Intensity of the subpolar gyre (Crucifix et al. 2001)

temperature according to Sellers (1983). The angular momentum
transport obtained in this way is about 2 x 10'® kg m? s™! at 30°N
and 30°S, which is consistent with usual estimates (Satoh et al.
1995). This transport induces an additional zonal surface wind,
U,,me> that is added to the one computed by the quasi-geostrophic
model. This wind is determined assuming that the vertically
integrated zonal momentum transport by the mean meridional
circulation is solely compensated by surface stress:

1 dcos® ¢ [, vudp

; (2)

Umme =

" aPecos? ¢ 0

where a is the Earth’s radius, P = 500 hPa is the thickness of each
atmospheric layer and ¢ is the surface drag coefficient.

The surface temperature of each continental surface type is
considered as a prognostic variable and is derived from the surface
heat balance parametrised as in Taylor (1976), assuming a constant
subsurface storage coefficient B.

The radiative transfer is computed by dividing the model
atmosphere into 10-15 layers, the exact number of which depend-
ing on the surface pressure over each surface type (Bertrand 1998;
Bertrand et al. 1999). The solar radiation scheme is an improved
version of the code described by Fouquart and Bonnel (1980). The
longwave radiation is computed according to the Morcrette (1984)
wide band formulation of the radiation equation. In the tropo-
sphere, the vertical temperature profile required by this radiative
scheme is determined by assuming that the product of the static
stability parameter ¢ and the pressure remains constant along the
vertical. The stratosphere is supposed to be isothermal. Near the

surface, the temperature lapse rate is modified so that the air has
the same temperature as the surface. This lapse rate is used to
compute the convective vertical sensible heat transport from the
surface to the atmosphere according to the formulation of Saltz-
man and Ashe (1976). Specific humidity, ¢, is considered as a
diagnostic variable: its surface value is determined from the surface
temperature and a prescribed surface relative humidity. The verti-
cal profile of specific humidity obeys the Smith (1966) relationship
linking the specific humidity at a pressure p to its value at a
reference level (pressure pr): ¢(p) = ¢q(pr)(p/pr)”, the seasonal
and meridional distribution of A being inferred from the present-
day climatology of Oort (1983). The reference level is either the
surface or the top of a possible inversion layer, the latter being then
considered of constant specific humidity. Clouds are prescribed.
They are represented by a single effective layer, with the base and
the top pressures given by Ohring and Adler (1978). The seasonal
and meridional distribution of cloudiness is taken from Warren
et al. (1986), and the cloud optical depth is prescribed.

The albedo of a snow-free continental area is computed as the
weighted average of the albedos of desert (ap), grass (o) and trees
(7). A similar method applies over the snow field where the model
distinguishes between the albedo of snow-covered taiga (otq,) and
snow-covered tundra (o,,.4). Additional corrections account for
the effect of the Sun zenithal distance and snow precipitation fre-
quency (Gallée et al. 1991).

Evaporation is computed from a bulk formulation depending
on surface temperature, vertical sensible heat flux, surface wind
velocity, surface pressure and water availability as in Saltzman
(1980), although the empirical parameters ¢ and b used by
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Saltzman in his Eq. (14) have been somewhat adapted. Water
availability is set equal to 1 (i.e. the maximum) over the ocean. It is
a function of surface temperature over sea ice, continental ice and
snow, and it depends on the precipitation—evaporation budget over
the continents (Gallée et al. 1991).

The zonally averaged precipitation is derived from the zonally
averaged evaporation and the vertically integrated water-vapour
(WV) meridional transport assuming a steady state approximation
for the global WV content. The vertically integrated WV transport
( fp vqdp) is parametrised in a way consistent with the formulation

of atmospheric dynamics assuming a transport by the baroclinic
activity (diffusion) and by the mean meridional circulation:

K +K;90[,qdp C,C,q -
/de:— 1+ K3 qup_ ,;Qpbz/wdp’ 3)
P h p

2 adgp

where K; and K; are the exchange coefficients of the potential
vorticity transport at 250 and 750 hPa, respectively (Gallée et al.
1991), fp qdp is the vertically integrated, zonally averaged specific
humidity, g, is the mean specific humidity in the first 150 hPa
above the surface, C, is the heat capacity of dry static air at
constant pressure and C, is an empirical parameter.

The zonally averaged precipitation that is computed in this way
for each time step and each zonal band is distributed over the three
oceanic basins and the two continents with ratios derived from the
statistics by Jaeger (1976). An additional correction applies over
the ice sheets in order to take the desert—altitude effect into account
(Gallée et al. 1991). Finally, runoff is implicitly represented by
multiplying the precipitation over the oceans such that the fresh-
water budget over the ocean is globally zero.

Within each individual oceanic basin (Atlantic, Pacific and
Indian), the ocean model is based on the zonally averaged form of
the multi-level, primitive-equation ocean model of Bryan (1969)
and Semtner (1986). This model is extensively described in Hovine
and Fichefet (1994) except for some improvements given hereaf-
ter. The east—west pressure difference which arises from averaging
the momentum equations is taken to be proportional to the
meridional pressure gradient as in Wright and Stocker (1992). In
the Northern Hemisphere, lateral exchanges of heat and salt
between the Atlantic and Pacific basins are permitted between 85
and 90°N. The zonally averaged topography is derived from
ETOPO 5 (1986) and the Bering Strait is assumed to be 50-m
deep. In the Southern Hemisphere, the three basins are inter-
connected between 40 and 65°S, where zonal advection and dif-
fusion are represented. The Drake Passage and the Indian—Pacific
connection are 4000 m deep, while the Atlantic and Indian basins
are interconnected over the whole ocean depth (5000 m). The
resolution of the baroclinic mode of the ocean is based upon an
implicit treatment of vertical advection, viscosity and Coriolis
terms. The numerical treatment of the scalars (potential temper-
ature, salinity and tracers) is implicit on the vertical and explicit
on the horizontal. The vertical diffusivity K, is prescribed except
when the vertical density profile is diagnosed to be unstable. In
this latter case, vertical diffusivity is enhanced to 10 m?s' to
account for convection (Goosse and Fichefet 2000). The model
also uses a sub-polar gyre parametrisation between 50 and 75°N
in the Atlantic Ocean in order to improve the North Atlantic
Deep Water properties (Crucifix et al. 2001). Likewise, a down-
sloping flow scheme based on Campin and Goosse (1999) is im-
plemented along Antarctica. The value of parameter y used in
Campin and Goosse’s (1999) parametrisation is given in Table 2.

A simple thermodynamic—dynamic sea-ice model is coupled to
the ocean model. It is based on the zero-layer thermodynamic model
of Semtner (1976), with the modifications introduced by Harvey
(1988, 1992). The value of the parameters f/* and /i, recommended by
Harvey (1988) were adjusted to optimise the seasonal cycle of sea ice,
the other parameter values being retained. The one-dimensional
meridional ice advection scheme of Prather (1986) is also imple-
mented with prescribed meridional ice velocities from Harvey (1988).
Finally, the sea-ice albedo varies between 0.40 and 0.75 depending on
the surface temperature, the minimum albedo being reached when
the temperature is equal to 0 °C.
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The atmosphere, sea-ice and ocean components are synchro-
nously coupled with a time step of two days. For the simulations
presented here, MoBidiC was also interactively coupled to the
dynamical vegetation scheme VECODE (Brovkin et al. 1997). This
model is based on a continuous bioclimatic classification which
describes vegetation as a composition of simple plant functional
types (trees and grass). Equilibrium tree and grass fractions are
parametrised as a function of climate expressed as a sum of degree-
days (GDDO0) and annual precipitation. The model assumes that,
under a changing climate forcing, the vegetation cover evolves
towards a new equilibrium with the modified climate. The char-
acteristic time scale of the living biomass is determined from the
carbon-cycle component of VECODE (about 80 to 100 years for
trees in the northern high latitudes).
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