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Abstract We have analysed numerical simulations per-
formed with a global 3D coupled atmosphere-ocean
model to focus on the role of atmospheric processes
leading to sea surface temperature (SST) drift in the
tropics. Negative SST errors occur coherently in space
and time with large positive errors in latent heat and
momentum fluxes at the tropical air-sea interface, as
diagnosed from forced SST simulations. The warm pool
in the western Pacific disappears after a few years of
simulation. Strong SST gradients enforce regions of high
precipitation that are thin and stationary north of the
equator. We detail the implications for the ocean-at-
mosphere system of such upheaval in the deep convec-
tion location. A sensitivity experiment to empirically
formulate air-sea drag coefficient shows that the rapid
warm pool erosion is not sensitive to changes in the
formulation of the surface drag coefficient over the
oceans because the corresponding changes in turbulent
heat fluxes and LW cooling approximately cancel one
another. In the eastern Pacific, the improvement in SST
is striking and caused by feedbacks between SST, surface
turbulent fluxes and boundary layer cloud fraction,
which decreases as SST warms.

1 Introduction

Large-scale atmospheric dynamics, convective and tur-
bulent motions, radiative processes and energy ex-
changes between the atmosphere and the underlying
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surface, all contribute to determine the mean climate of
the Earth and its sensitivity to perturbations. These
processes, however, interact in a strongly non-linear
manner. Problems faced by 3D coupled atmosphere-
ocean general circulation models (AOGCM) to repro-
duce the observed climate statistics faithfully (Meehl
1995), are testimonies to this complexity. Roughly half
of the models participating in the Coupled Model In-
tercomparison Project (CMIP) still use flux-correction
methods to yield a stable climate, whereas many other
models have to tune the top-of-the-atmosphere (TOA)
radiative balance through adjustments in model
parameters. Even so, the SST distributions simulated
by these complex climate models rarely reproduce the
observed distribution accurately. Apart from the case
where the coupled model surface energy and/or water
budget is corrected from imbalances between the at-
mospheric and oceanic models surface budget (Sausen
et al. 1988), it seems inevitable that the sea surface
temperature field simulated by three-dimensional cou-
pled models, especially at low resolution, departs from
the mean climatological SST field (Weaver and Hughes
1996). Reducing the SST bias is a long-term effort,
which may be eased if the mechanisms responsible for
the SST drift are properly identified. Our main purpose
is to describe our approach to understand and reduce
the drift in tropical SST simulated by a global, coupled
and low resolution 3D climate model. Naturally related
to this issue, is the problem of the stability of tropical
SSTs in the real climate: what are the processes which
control the tropical climate stability? Some process
studies conducted with coupled atmosphere-ocean
models have been specifically dedicated to address this
issue. They examined the importance of the following
non-linear mechanisms: the low-level stratus clouds and
the tropical Pacific circulation (Ma et al. 1996; Philander
et al. 1996), the tropical cirrus cloud feedback (Meehl
and Washington 1995), and the thermostat oceanic
feedback (Clement et al. 1996), in controlling the SST in
the tropics. The study by Ma et al. (1994) concludes that
the climate sensitivity to atmospheric parametrisations is
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drastically different in forced and coupled modes, be-
cause of the importance of air-sea interactions. Terray
(1998) has shown that the tropical climate simulated by
his coupled model is very sensitive to uncertain atmo-
spheric parameters, such as the entrainment rate in the
cumulus cloud model, or the relative humidity threshold
for condensation used in the cloud cover computation.
Despite their obvious diversity, it appears from these
studies that it is through the hydrological cycle, and the
interactions between radiation, convective motions and
large-scale dynamics that the sensitivity of the tropical
climate to parametrised atmospheric processes is effec-
tive. Not surprisingly, improving our understanding of
these interplaying processes is a current and open area
of research (e.g. Larson et al. 1999). The present work
represents an attempt to verify whether a 3D coupled
atmosphere-ocean model, of low resolution, can be
successfully used to address the question of ocean-at-
mosphere interactions in the tropics, in particular, those
related to the role of water vapour (Hartman and Mi-
chelsen 1993; Pierrehumbert 1995; Spencer and Braswell
1997; Soden 1997). We use the initial instability of this
newly built coupled model to diagnose the dominant
processes responsible for changes in the tropical climate
dynamics. Later, we address the role of dynamical
adjustments of the atmospheric circulation, which can
impact the longitudinal structure of the convection and
the associated heat sources, in particular radiative heat
sources.

2 Model description and performances

In this section, we describe the two components of our coupled
climate model and discuss some of the atmospheric model weak-
nesses inferred from a simulation performed with prescribed SSTs
and sea ice distribution.

2.1 The atmospheric model and its performance
in uncoupled mode

The atmospheric model is version 5.2 of the Laboratoire de
Météorologie Dynamique (LMD) General Circulation Model
(AGCM) (Le Treut et al. 1994). This model is a grid point model
whose main features, in particular the discretisation over an
Arakawa C-grid, are described in a seminal paper by Sadourny and
Laval (1984). For all the experiments presented here, a low reso-
lution (64 points in longitude x 50 points in latitude x 11 vertical
levels) has been used both in forced and coupled mode. In the
following, we briefly review some of the parametrisations most
relevant to this study.

The radiative transfer schemes are similar to those used in the
European Center for Medium Range Weather Forecast (ECMWF)
model. In the longwave domain (LW), it is due to Morcrette (1991).
Trace gases other than CO, are not explicitly included in the
computation of the absorption/emission of atmospheric layers. In
the solar spectrum, a version of the code proposed by Fouquart
and Bonnel (1980) is used. The solar diurnal cycle and the presence
of aerosols are not accounted for in the simulations presented
henceforth. Convection is represented by Manabe’s moist adjust-
ment scheme (Manabe et al. 1965) which removes conditional
instability, and a modified version of Kuo scheme (Kuo 1965),
triggered by convergence of water vapour in the planetary
boundary layer (PBL). These convective schemes provide tenden-
cies for temperature and total water content.
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The water condensed during the convective adjustment process
is treated jointly with the vapour phase in a statistical cloud scheme
which solves for the cloud fraction and condensate mixing ratio (Le
Treut and Li 1988). Ad-hoc assumptions are used to define the
distribution function of total water within a grid box. Le Treut and
Li (1988) chose a simple top-hat distribution of total water centred
around the mean grid box value. The width of the distribution was
specified such as to allow condensation to occur at a critical relative
humidity of 83%. Recently, Xu and Randall (1996) discussed the
validity of such statistical schemes, arguing that a single probability
distribution function does not allow for the description of the wide
variety of cloud regimes occurring within the atmosphere. In order
to account for dependency of cloud regimes on large-scale condi-
tions as discussed by Xu and Randall (1996), we have made the
width of the top-hat distribution a prescribed function of the alti-
tude, implicitely taking into account the correlation between the
cloudiness regime, the PBL depth and the total water variance:
stratocumulus (respectively cumulus) convection is correlated with
low values (respectively high values) of total water variance, and is
more likely to occur in a shallow PBL than in a deep PBL. This
modification in the cloud scheme is performed simultaneously with
changes in the computation of the mixing coefficient across the
inversion along the following lines. Entrainment is not explicitly
computed. Instead, a small value of the eddy diffusivity crudely
controls the turbulent fluxes at the top of the PBL. Such a for-
mulation does not follow the physical rules which govern entrain-
ment across PBL top, but is still of general use in AGCM which a
crude multi-layer PBL representation. From preliminary experi-
ments, we had found that the inversion was too weak and its rel-
ative humidity well below 100% in regions where stratocumulus
(Sc) convection is expected to occur. In an ad-hoc manner, we have
lowered the minimum value allowed for eddy diffusivities across a
stable layer from 1072 to 10~ m? s~!. In this AGCM, this has the
virtue of greatly improving the seasonal cycle of the boundary layer
cloudiness over the tropical eastern oceanic basins, and over the
extra-tropical oceans in summer. However, the model still suffers
from systematic errors in the vertical structure of the cloudy
boundary layer.

The prognostic equation for water condensate does not distin-
guish between its liquid and solid phase. But it is assumed that the
condensate precipitated out of an atmospheric cell is made of solid,
liquid, or mixed phases, depending on the temperature of the cell.
Temperature thresholds for this highly idealised treatment of the
Bergeron process are fixed at —15°C and —5 °C (Le Treut et al.
1994). Radiative properties of clouds are computed interactively
from diagnosed liquid water path and cloud temperature (Le Treut
et al. 1994). Some parameters have to be specified in order to
compute the optical thickness of clouds and their emissivity. These
important parameters for the planetary budget include the effective
radius of water clouds (12 um), ice clouds (40 um) and the ab-
sorption coefficient of cold and warm clouds which take respec-
tively the values of 0.08 and 0.13 m?/g. At the surface, turbulent
fluxes of heat and momentum are computed using bulk aerody-
namic formulae, which require the evaluation of the drag coefficient
at the surface, C,;. Bunker (1979) synthesised data obtained from
ship measurements over the North Atlantic to compute polynomial
functions which relate C; to the near surface static stability and
wind shear. These polynomial functions are used in the control
(forced and coupled) experiments to compute the drag coefficient at
the air-sea interface. A more common way to compute C, from grid
point model variables is to parametrise it as the product of a
neutral drag coefficient involving a length scale zy (the roughness
length of the surface), and stability functions correcting for con-
vective versus stable situations, and involving the Monin-Obukhov
length. Louis et al. (1981) derived such stability functions for use in
large-scale models of the atmosphere, which only involve the
computation of a near-surface bulk Richardson number. A sensi-
tivity experiment using Louis et al.’s (1981) formulation instead of
Bunker’s (1979) one is described in Sect. 4. Above the surface layer,
vertical eddy diffusivities and viscosities are computed using a
mixing length profile and a diagnostic of the turbulent kinetic en-
ergy given by a bulk Richardson number. Shallow convection is not



Grenier et al.: Ocean-atmosphere interactions and climate drift in a coupled general circulation model

explicitely dealt with. Two other important processes parametrised
in the LMD AGCM are the hydrologic and energetic exchanges
between the soil-vegetation system and the atmosphere (Ducoudré
et al. 1992) and the momentum deposition by vertically propagat-
ing gravity waves in the upper troposphere and lower stratosphere
(Boer et al. 1984).

A three year duration experiment has been conducted with this
AGCM in order to evaluate its overall performance in uncoupled
mode. In this simulation, the model was forced by daily averaged
insolation at the top-of-the-atmosphere, and by daily observed
SSTs and sea-ice distribution, representative of the mean climato-
logical state of the ocean-atmosphere interface for the period 1978
to 1987. This experiment is hereafter referred to as the Fconr
simulation. The ability of the similar LMD5.3 model to simulate
the natural variability of the climate was discussed extensively by
Harzallah and Sadourny (1995). Here, we analyse the Fconr sim-
ulation in terms of surface turbulent fluxes of heat and momentum,
outgoing longwave radiation (OLR) at the top-of-the-atmosphere,
and moisture content in the tropical atmosphere.

The map of differences between the simulated annual mean
water fluxes at the air-sea interface and those from the da Silva
et al. (1995) analysis (from the Coarse Ocean Atmosphere Data
Set, hereafter COADS) (Fig. 1) shows that both the evaporation
and the precipitation are largely overestimated by the AGCM. The
bias in the evaporation flux is uniformly distributed over the whole
tropical oceans, it exceeds 2 mm of water per day over large re-
gions. The precipitation error is less spatially homogeneous and can
reach 3 mm per day locally. Departures between the simulation and
observations are generally larger than the uncertainty within the
observational data set, as estimated by Gleckler and Weare (1996).
Both the zonal and meridional components of the surface wind
stress are too intense over the Pacific and Atlantic Oceans (Fig. 2).
In the southern tropical regions, the westward wind stress is posi-
tively biased by 50%. Over the western Pacific warm pool, surface
friction should be small, as can be seen in the COADS data set,
because the flow is strongly convergent at the annual time scale
(Zhang et al. 1995). The AGCM fails to reproduce this trade-wind
weakening associated with the climatological Inter Tropical Con-
vergence Zone (ITCZ) and therefore, zonal wind stress anomalies
remain large, from the central Pacific to the Indonesian Archipel-
ago. Errors in the surface friction and errors in the western Pacific
precipitation patterns are likely to be strongly related (Zhang et al.

Fig. 1a, b Differences of annual
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1995). One also notes that along coastlines, the wind stress is poorly
simulated. The simulated atmospheric flow is large and toward the
shore near most of the tropical western coastlines, while in the
observed system, its magnitude is small and its direction modulated
by the seasonal cycle (Mitchell and Wallace 1992).

The simulated annual mean vertically integrated water vapour
content (Fig. 3) presents negative biases when compared to the
satellite estimates after the algorithm of Wentz (1983). These biases
reach 10 kg/m? over the western Pacific warm pool, which repre-
sents 20% of the satellite-retrieved water vapour content. Such
tropospheric dryness, simultaneous with positive biases in precipi-
tation and evaporation, means that the model hydrological cycle is
too intense. This problem may have several origins, among which
the deep convection scheme, the conversion rate of condensate to
precipitation, the absence of explicit representation of shallow
convection are tentative candidates. Consistently with the dry
troposphere, the tropospheric temperature field shows cold biases
with respect to the observations (not shown). In the zonal mean,
the cold bias increases slightly from the boundary layer to 700 hPa,
where it reaches 5°, and then remains roughly constant up to
the tropopause. As discussed by Johnson (1997), this property
is common to many AGCMs, although it is accentuated here.

OLR diagnostics show positive biases in the model, which in-
dicate that the overestimated latent heating is accompanied by
excessive radiative loss to space (see Fig. 4). OLR maxima over the
subtropical regions are biased by 10 to 20 Wm~2 in the zonal mean
compared to ERBE (Earth Radiation Budget Experiment) data
(Barkstrom and Smith 1986). OLR minima in the moist regions of
the tropics are underestimated by a similar quantity. One finally
notes a bias in the position of the OLR minimum, indicating that
despite SSTs are imposed, the geographical alternation of dry and
moist zones is only approximately captured by the model.

In summary, the important discrepancies between the simula-
tion and the observations tend to indicate that the hydrological
cycle is mis-represented. This has important impacts on the LW
planetary budget.

2.2 The oceanic model and coupling procedure

The ocean-sea ice model is the CLIO (Coupled Large-scale Ice-
Ocean) model developped at the Université Catholique de Louvain

Evaporation : Foonyt - COADS

b precipitation between experi-
ments Feonyr and COADS data
(da Silva et al. 1995). Units are
mm/day

120w 60w

Precipitation : Fcont - COADS

10N 1




L

704 Grenier et al.: Ocean-atmosphere interactions and climate drift in a coupled general circulation model
Fig. 2a—¢ Annual mean surface a Surface Wind Stress: FCONT
wind stress as simulated a in 40N
. .
Feonr, b as computed by da = 77 /T N
( . 30N RN lceery
Silva et al. (1995), and c¢ differ- aond. - N e NN
ence Feoyr — COADS . Units ond AN TSN
are Nm™
£Q1 .
1054~ AR
205
30S 1 B RN
40S }
0 60E
—
b 0.1
Surface Wind Stress : COADS
40N
&%‘\g> ~ Q x\;‘>—>'*f>*>9‘7?>u\“ 4a—>f+»a?>w¢
SONT - TR S P A v
20N1- - - - /4 R e = P AN ALY e
0F PR < CTEEERRE L KL T Y
EQ’ """""" 9?'&'&(’—‘(/' DI (\&\\\\ N K ‘T Y\\\\ \ 7
10S 4w B EPIPIIIIPIPIPIE N NN N PO
WO GV PP IIIPIFIPR XN e
205X NN CE SIS S AT
:SOS’ 71N r"""""\"’" A ?'7'7'/' "7"4\'4\'4‘1 ERE 4'4',‘\/ ;'4'7'7'1 7 T T X s s s 3 e s
408 +——= ; ; R }
0 60E 120E 180 120w 0
—
0.1
c Surface Wind Stress : FCONT - COADS
40N ‘ [TTTTTiN T <,
30N - YT » ? '\‘34@«' RS &',k"\\' e
20N ¢\/, 'ﬂ,h&(—(—zzké*('u's's§§(;‘h &“*kwwi 7

La > 7 s s ST

& L
,@ﬁ*%%\\&x\\\wmw‘ £

SN PR RN N

A NN S
20S 4 \l“J‘l%‘ P77 A v <e ‘k}\WQ\\xV\\ ,,,,,,,,,,
08 A&N PRI NN “\[(,:Q.L/K(/&@egr\\\ N '
i e AN T M/ /LYy S
60E 120E 180 120W

(UCL) (Goosse et al. 1997a, b). To cope with the singularity at the
North Pole associated with the geographical spherical coordinates,
two spherical grids connected in the equatorial Atlantic are used: a
grid with its poles on the geographical equator for the North
Alantic and the Arctic, and a normal latitude-longitude grid for the
rest of the domain. This model is made up of a primitive equation,
free-surface ocean general circulation model (Deleersnijder and
Campin 1995), coupled to a thermodynamic-dynamic sea ice model
with viscous-plastic rheology (Fichefet and Morales Maqueda
1997). Vertical mixing is computed according to the parametrisa-
tion of Pacanowski and Philander (1981), and the effect of meso-
scale eddies is crudely represented by a classical horizontal
diffusion scheme. The horizontal resolution is of 3° x 3°, and there
are 20 unevenly spaced vertical levels in the ocean. In this work, we
focus on atmosphere-ocean interaction processes in the tropics, and
refer to Goosse et al. (1997a, b) for the description of the model
ability to reproduce the oceanic circulation.

The spin-up procedure was the following. The model was first
integrated for 20 years in robust diagnostic mode (i.e., with interior
restoring to the annual mean Levitus 1982 temperatures and sa-
linities on a 1 year time scale), from a state of rest. The relaxation
was then suppressed, except in the uppermost grid box for salinity,
and the integration was pursued for 450 years. During this phase,
the ocean was driven by surface fluxes computed from climato-
logical atmospheric data and bulk formulae. Results from this
uncoupled oceanic run, which are taken as initial conditions for the
coupled experiments discussed later, are extensively documented in

—
0.05

el Mohajir (1997). At the end of this spin-up, the OGCM SST
distribution presents some biases with the observed SST which can
reach 1° locally. We have not studied the impact of these initial
state errors on the coupled model behaviour. Because of the high
sensitivity of the system to small SST anomalies in the near equa-
torial Pacific region (Neelin and Dijkstra 1995), it is possible that
the oceanic initial state has some influence on the simulated tropical
climate. However, we note that the tropical climate simulated by
the LMD atmospheric model coupled to a totally different oceanic
model, initialised by internal and surface Newtonian restoring to
Levitus (1982) temperatures and salinities, has a similar behaviour
to one described hereafter (Barthelet et al. 1998).

The atmospheric and the ocean-sea ice models are coupled at a
one day frequency, which is the current time-step of the latter
model. Fields are interpolated from one grid to the other by a
procedure which preserves the average of the surface energy and
water budget. In order to avoid mismatch problems between non-
overlapping land masks, we have introduced fractional sub-grid
continental and oceanic meshes in the LMD AGCM such that the
World Ocean surface is exactly the same in both models. This en-
ables conservation of extensive quantities exchanged between the
models through a simple interpolation procedure. A 3-year simu-
lation (acronym Cconr) has been performed with the coupled
model. Its results are described in the following section. Reasons
for performing such short-term integrations will appear shortly as
we present the amplitude of the SST drift and upheaval in the
tropical atmospheric circulation, after just a few years of simula-
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Fig. 3a—¢ Annual mean water
vapour path (in kg/m?) a diag- a
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FconT

nosed from the Froyr simula-
tion, b retrieved from satellite
observations according to
Wentz (1983) and ¢ differences
Fcont — obervations

tion. Such a large amplitude lead us to believe that the coupled
model response is not part of the model internal variability.

3 Analysis of the control coupled simulation
3.1 SST and troposphere

The first simulation with the LMD-CLIO AOGCM
shows a pathological behaviour, which has been partly
corrected in subsequent simulations. But this pathology,
common to many models, although stronger in this first,
non-flux corrected simulation, is the object of this study
and deserves a careful analysis. A first approach to the
model behaviour is obtained by a model-observation
comparison of basin-averaged SST in the tropics
(Fig. 5). The tropical Atlantic and Pacific Ocean share
a similar cooling trend. By contrast, the Indian Ocean
SSTs remain close to the observations. Inspection of
geographical features (Fig. 6) confirms that the Atlantic
and Pacific contain the main SST errors, which peak at
—3 °C in the south Pacific, and —2 °C in the northern

tropical Atlantic and Pacific. In most of the simulations
carried out with AOGCMs, SSTs are too high along the
western coastlines of the tropical landmasses. This
warming, generally attributed to insufficient reflection of
solar radiation by stratocumulus clouds (Meehl 1995),
is present here in the eastern Atlantic but not in the
eastern Pacific. In our simulation, the Pacific cold bias
spans the whole basin and the Pacific warm pool has
dramatically shrunk after only three years of simulation.
A latitudinal average between 20°N and 20°S displayed
in a time-longitude frame (Fig. 7) shows the continuous
surface cooling trend in the Pacific Ocean. The cold
anomalies seem to have their origins near the eastern
border of the basin. One can identify a cooling signal
peaking during the first part of each year, then propa-
gating toward the central and western Pacific. By con-
trast to the Pacific cooling, a large pool of water where
SSTs exceed 28 °C characterises the Indian Ocean
(Fig. 6), which remains slightly warmer than in the
observations. The Indonesian maritime continent may
act as a dynamical barrier between the cold Pacific and
the warm Indian Ocean.
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Fig. 4a, b Latitudinal distribu- a

OLR: FCONT data
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b OLR : ERBE data

tions of the zonally averaged
OLR at the top of the atmo-
sphere a diagnosed from the
Fcony simulation b derived
from ERBE measurements
(Barkstrom and Smith 1986) for
northern summer (open circles)
and southern summer (solid
circles). Units are Wm™2.
ERBE data is averaged over the
1985-1989 period and model

data are averages over three
years

EQ

Latitude

Pacific

2

10N

Indian

Latitude

Atlantic

285 285

28 28
215 275

27 27
26.5 26.5
26 26
25.5 25.5

25 25

245 245

2 2

2

N
JAN
2000

N
JAN

AR WL OCT JAN APR JUL OCT JAN APR J0L OCT
2000 2001 2002

AR WL OCT JAN APR JUL OCT JAN APR  J0L  OCT
2001 2002

AN RR G0 OF JIN AR WL 0T W AR L of
2000 2001 2002

Fig. 5 Time series of the basin-averaged SST (°C) in the tropical Pacific, Indian and Atlantic Oceans from the Cconr simulation (solid circles)

and the mean climatological SST (open circles)

We now turn to the atmospheric response in terms of
temperature, relative humidity and OLR. Difference in
annual and zonal mean temperatures (computed as dif-
ference between the third year of integration of Cconr
and average over the whole Froyr simulation) shows
that the surface cooling in the tropics has been trans-
ferred to the lower part of the atmosphere (Fig. 8).

Above 750 hPa however, the atmosphere is slightly
warmer at the end of the coupled simulation than it is
during the uncoupled Fcoyr experiment. The specific
humidity has increased simultaneously in the upper
troposphere (not shown), so that the relative humidity is
larger, most notably in the near-equatorial region where
the moistening reaches 10% (Fig. 9). This seems to ex-
press a paradox common to the SST changes observed
throughout most of the tropics: as the tropical boundary
layer gets drier and colder, one expects the static stability
of the troposphere to increase, and deep convection, the
main source of water vapour for the upper troposphere,
to be less frequent, enforcing a drier troposphere. This
raises the question of the location of high precipitating
regions with the cooler SSTs. Plots of the SST fields and
minimum in OLR fields (Fig. 10) show that convective
activity over the western Pacific is limited to a thin band
of latitude north of the equator. This region of lowest
OLR seems located where the meridional SST gradient
in the near-equatorial band is largest. We also note that
the maximum in convective activity, over the western
Pacific, is located roughly at the same location in

summer and winter. By contrast, there is a seasonal cycle
in convection over the Indian Ocean, as can be seen
from the displacement of the low OLR minimum with
the warmest SST and the low-level wind convergence
zone (Fig. 10). Both in the Indian and Pacific Oceans,
the low-level convergence at 850 hPa (not explicitly
shown) and low OLR values correspond geographically.
In the Indian Ocean, the large pool of warm water with
no gradient constitutes a convergence zone for the lower
troposphere wind. Throughout the Pacific, meridional
SST gradients structure near-surface pressure gradients,
low-level wind convergence, ascent and precipitation.
This results in a zonalisation of convective precipitation
(Fig. 10) over the whole Pacific. The way SST drives
(parametrised) convection in the western and central
Pacific, resembles the SST-convection interactions re-
stricted to the eastern Pacific in the real system (Gutzler
and Wood 1990). Although this constitutes an evident
failure of this climate model, we examine the implica-
tions of such a zonalisation in convective activity for the
tropical circulation and the radiative planetary budgets.

3.2 Dynamical adjustments of the Hadley circulation

In the convective regions, internal and latent energy is
transformed into potential energy. Horizontal fluxes of
these quantities are defined as:
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Fig. 6 a Annual mean SSTs a
from the Ccoyr simulation (3rd

year data) and b differences in
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annual mean SST between the
Cconr simulation and the
observations of Levitus (1982)

Fig. 7a, b Longitude-time plot a
of SST a in the Ccoyr simula-
tion b in the observations of
Levitus (1982). The data has
been averaged in latitude
between 30°N and 30°S

Fpotential = ngI7 dz (1)
Entemal - pCpTI_) dz (2)
Flatent = quI? dz (3)

where 7 is the horizontal wind, p is the air density, g is
the acceleration due to gravity, z the altitude, C,T is the
sensible heat content and Lg the latent heat content.
Taking a vertical average, and computing the horizontal

Observations

Time

January

divergence at each grid points of these fluxes, provides a
measure of the energy conversion accomplished by the
Hadley-Walker circulation (Polcher 1995). We show a
zonal average performed over the Pacific Ocean domain
of these quantities in Fig. 11. In accordance with pre-
vious diagnostics on OLR, we observe that the potential
energy export in the Pacific region is concentrated near 8
to 10°N in the coupled simulation. It is more latitudi-
nally spread around the equator, and less intense in the
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forced simulation. Balancing for the increase in the di-
vergence of Frensiar, the convergence of Fiernar + Fatent 18
up to one and a half larger in Ccoyr. This contrasts with
the large decrease in the surface evaporation (Fig. 11c)
following the SST drop, but the increase in the maxi-
mum of precipitation along the ITCZ. Acceleration
of the circulation is necessary to explain the counter-
intuitive adjustments of the surface heat fluxes on the

Temperature : Ccont - Fcont

(hPa)

Pressure

00 05
—90 -60 60 90
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Fig. 8 Latitude-pressure distribution of the difference in annual mean
absolute temperature between Cconr (last year of simulation) and
Feonr (3-year average). The curve on the left side is the average over
45°S to 45°N

Fig. 10a, b Regions where the
OLR is weaker than 250 Wm™2
(in grey), SST (isolines, in °C),
and 850 hPa wind field (vectors,
in ms~!) from the third year of
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one hand, and convergence of latent and internal energy
on the other hand. This is confirmed by examining the
changes in the meridional mass stream function (not
shown), which show increase in the mass transport by
the Hadley-Walker circulation between the forced and
the coupled experiment. These results are coherent with
those obtained in a number of theoretical studies, spe-
cifically devoted to computing the dynamics of the
Hadley circulation as a response to a tropospheric heat
source. Lindzen and Hou (1988) among others, have

Relative Humidity : Ccont - Feont

Pressure (hPa)
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Fig. 9 Same as Fig. 8 except for relative humidity. Units are %
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Fig. 11a—-d Latitudinal distri-

a Potential Energy divergence b
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Latent + Internal Energy divergence

bution of the annual mean

a potential energy divergence
(kWm~2), b latent plus internal
energy divergence (kWm™2),

¢ surface precipitation and
evaporation (mm/day), d SST
(°C) averaged over the Pacific
Ocean from 60° to 280°W, and
derived from Feony (open
circles) and Ceonr (solid circles) -4
simulations. The quantities
shown are three year averages

Fcont

Water fluxes

Precipitation (Coont

(Fcont )

40N
30N
20N
10N

EQ
108
208
308
40

60E 120E 180 120W BOW 0

Fig.
data shown are 3-year averages

shown that the meridional circulation induced by a
steady tropospheric heat source, is stronger when the
heating is off the equator than centred on the equator.
Similar conclusions were drawn by Numaguti (1993),
after forcing an AGCM with SST distributions charac-
terised by various zonal shapes in the tropical regions.
This reflects the fact that the preferred latitudes for the
oceanic precipitation zones are located off the equator
(Waliser and Sommerville 1994).

In our coupled experiment, the large precipitation
zones have moved off the equator because of a merid-
ional SST gradient established slightly north of the
equator. This meridional SST gradient is the result of
the penetration of the cold tongue of water toward the
western Pacific. As previously noticed, the latent heating

12a, b Differences of annual mean a relative humidity at 200 hPa (%) and b OLR (Wm~2) between experiments Cconr and Feoyr. The

remains at 8° to 10° north of the equator whatever the
season. This steady heating re-enforces the “‘winter
Hadley cell effect”” (Lindzen and Hou 1988) in the cou-
pled simulation. In summary, the SST-ITCZ configura-
tion reached by the ocean-atmosphere system is a
peculiar configuration for the tropical atmosphere cir-
culation, since it enables greater efficiency of the Hadley
cell thermal engine, with important radiative conse-
quences for the planet: if the upper-tropospheric
moistening sufficiently enhances trapping of LW radia-
tion, such a SST-ITCZ configuration could induce a
negative feedback on the surface cooling. We further
analyse the simulation by evaluating the radiative feed-
backs following (a) tropical Pacific surface cooling and
(b) zonalisation of the convection in the tropical Pacific.
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3.3 LW radiative budgets

Figure 12a shows that upper tropospheric moistening is
well spread over most of the tropics and not limited to
regions of deep convection, although they exhibit the
largest sensitivity, as in the Indian and central Pacific
Ocean. By contrast, the atmosphere over the south Pa-
cific, which is no more convective, is considerably drier.
It also radiates more LW energy to space, while the
Indian and central Pacific regions trap up to 30 to
40 Wm~? more LW radiation. The upper tropospheric
moistening is not limited to the convective centres of
action, probably because advection plays an important
role in horizontally distributing the water vapour in-
jected into the upper troposphere (Salathé and Hart-
mann 1997; Pierrchumbert and Roca 1999). For
example, positive anomalies in relative humidity are
found along 120°E from 20°S to 30°N, while convective
activity is limited to a thin band of latitude in the
equatorial Pacific (see Fig. 10). In the Atlantic region,
one also notes a significant moistening of the upper
troposphere, even over the ocean, while injection of
moisture into the upper troposphere through deep con-
vection is restricted to the southern American continent
during the austral summer and the African continent in
boreal summer (not shown). As discussed by Spencer
and Braswell (1997), Salathé and Hartmann (1997), and
Pierrehumbert and Roca (1999), upper-troposphere hu-
midity (UTH) may considerably modify the radiative
properties of the Earth, so we expect features shown in
Fig. 12 to have a strong impact on the greenhouse effect.

On the other hand, the low and middle troposphere is
much drier in the coupled experiment. Zonally averaged,
the bias reaches 1 g/kg in the PBL. Differences in water
vapour path between the Cconr and the Feonr simula-

Fig. 13 Differences of annual
mean vertically integrated water

interactions and climate drift in a coupled general circulation model

tion are shown in Fig. 13. Regions with negative
anomalies (positive) are also regions with lower (higher)
SST (see Fig. 6), reflecting the sensitivity of the vertically
integrated water vapour path to PBL moisture content
and SST. Dry anomalies reach 15 kg/m? over the cli-
matological SPCZ, and remain considerable over the
whole south Pacific Ocean. This tropospheric drying (it
mainly reflects a PBL drying) is thermodynamically
consistent with the surface cooling, since surface evap-
oration is smaller if surface temperatures are lower,
through the surface evaporative cooling feedback
(Hartmann and Michelsen 1993). In the drift out of
equilibrium of our coupled model, what is the role of the
water vapour feedback, and the UTH feedback on the
surface and planetary LW cooling?

We have computed the greenhouse effect as
G = ¢ x SST* — OLR. It represents the part of the LW
radiation absorbed by the atmosphere and re-emitted
toward the surface. One finds in the atmospheric
greenhouse effect patterns the signature of the UTH
(Fig. 14). Over the continental regions, the Indian and
the Pacific Ocean convective regions, UTH increase is
likely to be responsible for the increase in G. On both
sides of the Pacific high precipitation zones, G is smaller
in the coupled experiment. It is most likely driven by a
drier lower troposphere, which generates a positive
feedback on the SST cooling (Stephens 1990). The
greenhouse effect feedback is negative (and of smaller
amplitude) in a narrow band north of the equator,
where convergence, uplift and heavy precipitation
occurs exclusively. We draw two conclusions: first, as
observed by Inamdar and Ramanathan (1995), the
variability in the location of deep convection is a main
source of variablity for the greenhouse effect in our
simulation. Second, the drier troposphere enhances

Water vapor path :

vapour between Cconr and
Feont, computed over the
whole length of simulation.
Units are kg/m?

Ccont - Fcont

180 120w

Surface LW Flux : CCONT - FCONT

Fig. 14a, b Differences of annual mean a G (Wm™2) and b net surface LW flux (Wm~2) between the experiments Cconr and Feonr. The data

shown are 3-year averages
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Fig. 15 Latitudinal distribu-
tions of the surface drag coeffi-
cient (multiplied by 1000) for

boreal summer months from 181 pse
the Fronr simulation (open 161
circles) and the Fgyg simulation 1.41
(solid circles) 1.2
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planetary cooling over the oceanic deserts, despite in-
crease in UTH over broad regions due to the zonalisa-
tion in the convection. Turning to the surface LW
radiative budget (Fig. 14b), it appears that its sensitivity
over most of the Pacific Ocean is also governed by the
water vapour feedback. One exception is the far-east
near equatorial Pacific, where the surface LW cooling
decreases by 40 to 50 Wm~2. We have related this to
larger geographical extent of marine stratocumulus in
the coupled simulation, because of a SST-Sc feedback
discussed in more detail in the last section. The surface
LW cooling is much smaller over regions which are
covered by Sc, because the LW radiation divergence
occurs at the cloud top.

In summary, our coupled model behaviour is there-
fore very unrealistic, but fully consistent. The surface
cooling in the tropics reflects the excessive radiative loss
of the atmosphere, its excessive dryness, despite the
overestimated surface evaporation. At the same time,
the zonal wind stress is overestimated, both in forced
and coupled modes, and the meridional wind stress, in
particular along the coastlines, is also too large. Many
factors may induce errors in the surface turbulent fluxes:
improper formulation of the PBL turbulent mixing,
problems with the diabatic heating representation in
convective regions, or parametrisation of the surface
drag coefficient.

4 Sensitivity of the tropical air-sea interactions
to surface drag parametrisation

The energy budget at the air-sea interface is a key pro-
cess in the chain of interactions which affect the drift in
the simulated climate. To test its importance, and
decouple the role of atmospheric versus oceanic pro-
cesses, we have carried out a sensitivity experiment to
the parametrisation of the drag coefficient. The com-
parison of the forced and coupled experiments is espe-
cially useful. The forced simulation (hereafter referred
to as Fgyg) of 3 year duration with prescribed climato-
logical SST and sea ice extent, has been performed with
the Louis et al. (1981) formulation for the drag coeffi-
cient. It is strictly parallel to the simulation Fgoyr, in
which the Bunker (1979) formulation is used. A seven
year coupled experiment has also been conducted, re-
ferred to as Cgys. The initial state and oceanic model
version remain identical to those used in the Cconr
simulation. Over the oceans, the formulation proposed
by Charnock (1955) for relating the roughness length to
the surface friction velocity is used in computing the
neutral drag coefficient, for both heat and momentum
exchanges. The value of the “Charnock” constant used
in this computation is 0.018. Results obtained from a
three year average are compared with the data obtained
from the Froyr experiment. Figure 15 shows the zonal
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profile of the drag coefficient for heat at the ocean
surface diagnosed from the forced SST simulation.
Values obtained in the sensitivity experiment are dra-
matically smaller than those computed with the Bunker
(1979) formulation, and are significantly smaller than
those found in the literature.

4.1 Fgys compared to Feonr

As expected, smaller values of C; lead to a decrease in
the amplitude of the surface wind stress over most of the
oceanic domain (Fig. 16), despite an acceleration of the
flow in the lower atmosphere (not shown). This decrease
is particularly large in the eastern Pacific and Atlantic,
close to the coastlines, but is weak over most of the
central Pacific Ocean. In particular along the equator
the impact is limited. We show on Fig. 17 differences in
the various surface heat budget terms between the ex-
periments Feoyr and Fgps. The surface turbulent fluxes
of latent and sensible heat have been added together to
clarify the figure. In the zonal mean, they strongly de-
crease by 25 to 30 Wm™?2 in the sub-tropical regions.
This improves the model against the climatology. But
the excessive coolness and dryness of the troposphere is

a Forced mode : Fgys- FconT

0N e

sible + Latent
40s  30S 20 10S £Q 10N 20N 30N 40N
Latitude

Fig. 17a, b Latitudinal distributions of the differences of latent and
sensible heat flux (open circles), net LW flux (open squares), net
shortwave radiation (solid squares) and total heat flux (no symbol) at

Fig. 18 Difference of annual
mean SST over the tropical
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enhanced (not shown). This deteriorates even more the
thermodynamic structure of the model compared to the
observations. The zonal structure of the total surface
heat flux response closely follows that of the turbulent
heat fluxes, but is slightly modified by changes in the
surface radiative fluxes. Firstly, the amount of solar
radiation available at the surface of the ocean is 5 Wm™2
larger, because of a slight decrease in PBL cloudiness.
Second and more importantly, the net surface LW flux
has increased by 15 Wm™2 between both experiments.
This increase is due to a reduction in the downward LW
radiation, induced by the drying of the troposphere (not
shown). To summarise, two terms contribute mainly to
the net heat flux sensitivity in the tropics: the turbulent
surface fluxes and the downward LW flux. The LW
sensitivity of water vapour is responsible for this
greenhouse effect feedback.

4.2 Cgys compared to Ceonr
4.2.1 Drift in the Pacific

In coupled mode, one sees from Fig. 18 that the tropical
Pacific Ocean is slightly warmer (compared to Cconr).
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Pacic SST (30 °N to 30° S average)
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Fig. 19 Longitude-time cross-section of the SST averaged between
30°N and 30°S in the Pacific from the Cgyg simulation

The warming amplitude is moderate, except over the
eastern Pacific where it reaches 2 °C. Time evolution of
the SST field in the tropical Pacific (Fig. 19) shows in-
teresting features occurring east of the dateline. SST in
the eastern Pacific displays a seasonal cycle of small
amplitude compared to the observed one (see Fig. 7),
but whose timing looks reasonable. SSTs do not appear
to drift toward increasingly cold temperatures along the
coastlines, as was the case in the control experiment.
But, although it is weaker than in the Cconr experiment,
the drift persists in the western Pacific. Therefore, some
of the biases present in the previous experiment have
been alleviated (namely the abrupt cooling over the
eastern Pacific), while the general feature of the control
experiment (namely tropical SSTs are generally too cold
and the Pacific warm pool disappears) remain. With
fixed SST, the main impact of using Louis et al.’s (1981)
parametrisation for C; was to decrease the surface tur-
bulent fluxes and downward LW radiation. In coupled
mode, these two terms also exhibit the largest sensitivity
(see Fig. 17b). But, at least in the zonal mean, the can-
cellation between them is so pronounced that the impact
on the net surface heat flux is small. The near-cancella-
tion between the surface LW cooling term and the
evaporative cooling term occurs because the latter is
smaller in coupled mode than in forced mode (compare
Fig. 17a, b). We have not quantified the relative role of
changes in Cy, near-surface wind speed and stability in
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the surface layer, responsible for this reduced sensitivity.
Qualitatively though, in forced mode, surface evapora-
tion does not cool the surface. The surface evaporative
cooling feedback is not operational, which explains why
surface turbulent fluxes are more sensitive to modifica-
tions in the drag coefficient.

The SST sensitivity is weak and coherent with the
idea that on a time scale of a few months or more,
surface turbulent heat fluxes and atmospheric LW
cooling are tightly coupled (Betts and Ridgway 1989).
This is not to say that the parametrisation of surface
drag is unimportant in AGCMs. It is important that the
formulation be theoretically correct and validated
against observations. But we suggest that, as long as the
dry bias in the AGCM persists, along with positive bi-
ases in surface evaporation, the water vapour green-
house effect will not be able to compensate for the
surface evaporative cooling, thus driving a cold SST
bias in the tropics. The overestimate in clear sky LW
cooling, primarily balanced by large-scale subsidence,
may also generate positive biases on zonal wind stress,
with potential devastating effects on the oceanic mixed
layer depth and equatorial upwellings. The coarse
resolution of the oceanic model is a factor aggravating
the AGCM deficiencies, since the small-scale oceanic
equatorial dynamics can not be captured at a 3°
resolution.

4.2.2 Importance of the cold tongue for the Pacific drift

Detailling terms in the surface heat budget over the
eastern Pacific reveals that the SST warming signature
(compared to Cconr), is found in the absorbed solar
radiation (Fig. 20a), which occurs concurrently with a
smaller cloud fraction in the boundary layer
(Fig. 20c, d). The decrease in cloud fraction itself is due
to changes in the large-scale environment, since we have
verified that the Sc cloud cover over the cold tongue was
not sensitive to C; in forced mode. There exists a feed-
back between SST (or PBL temperature) and boundary
layer convective regime and cloudiness. Over warmer
SST, the PBL is expected to be deeper and warmer with
less stratiform cloudiness than over colder SST. Obser-
vational evidences for such a feedback is provided in the
study by Klein and Hartmann (1993), while theoretical
and modelling confirmation can be found in Bretherton
and Wyant (1997). Although smaller values in subsi-
dence may also contribute to the pattern seen in Fig. 20,
it is likely that most of the impact on Sc extent comes
from higher SST. In a shallow, relatively well-mixed
PBL as is the case over the eastern Pacific, the temper-
ature in the PBL should increase with the SST. This
warming actually decreases the lower static stability, but
the PBL model is probably not sophisticated enough
to dynamically react to such changes in the inversion
strength. Rather, we think that a simple decrease in
relative humidity below the inversion explains the Sc
cloud cover sensitivity to warmer SST. What provides
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the original SST warming for this feedback to occur?
Compared to Cconr, the meridional wind stress along
the Chile and Mexico coastlines is considerably reduced.
This directly affects the coastal upwellings. In summary,
the eastern Pacific warming follows from a combination
of factors: reduction in surface friction, which by a
mechanical effect on the ocean induces SST warming;
itself leads to less stratiform cloudiness through a ther-
modynamical feedback; and a radiative feedback (de-

Fig. 20a—d Differences of an- a
nual mean a shortwave radia-
tion absorbed at the surface
(in Wm~2) and b surface wind
stress (Nm~2) between the Cgyg
and the Ccoyr simulations in
the eastern tropical Pacific.
Annual mean cloud fraction
(in %) for the ¢ Cconr and d
Cgys experiment

SW radiation : Cgys- CoonT
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crease in planetary albedo) further warms the SST. The
PBL and cloud parametrisations implemented in the
model capture at least one aspect of the important
positive feedback between low SST and high cloud
fraction (Miller 1997), even if this occurs through a
much simpler relative humidity effect, than through the
complex set of feedbacks expected in reality (Bretherton
and Wyant 1997).
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a 82-83 El Nino anomaly in radiance temperature
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Fig. 22a,b Anomalies in a radiance temperature (K) and b OLR (Wm~2) computed as differences between data averaged during the 1982-83 El

Nino (from June, 1 1982 to May, 30 1983) and the 1975-1987 average

4.3 SST structure and water vapour feedback

Figure 21 shows the location of the high precipitation
zones in the experiment Cgys. Regions of high precipi-
tation remain particularly stationary and zonally ori-
ented in the Pacific during the whole simulation, much
like in the Ceonr simulation. This off-equatorial locking
of precipitation is likely to be occurring in any coupled
model that simulates a near equatorial surface cooling,
causing unrealistic meridional SST gradients. It is widely
accepted that cloud and water vapour feedbacks are the
most important processes for the climate sensitivity. We
suggest that through its ability to control the position of
the ITCZ, the oceanic circulation near the equator is an
important property controlling the water vapour feed-
back. Turning our attention to observations, we will
remark that during warm phase of ENSO, zonalisation
of the convective activity is also clearly observed. Figure
22 shows anomalies in radiance temperature at 6.7 mi-
crons and OLR derived from satellite observations.
Anomalies are computed as difference between the 1983
year, during which a strong positive phase of ENSO
peaked, and the 1979-1988 period. In this channel,
positive radiance temperature anomalies are significant
indicators of negative anomalies in moisture content
within the 500-200 hPa region (Salathé et al. 1995). In
the central near-equatorial Pacific where convection did
migrate during the warm phase of ENSO, one finds
positive UTH anomalies and negative dry anomalies
surrounding this region. OLR anomalies for the same
period reach 30 Wm~2 (or 10 Wm™?2) over the moister
(or drier) areas. Comparison of Fig. 22 and 12 is strik-
ing. It illustrates that the equatorial oceanic circulation
can have a strong impact on the water vapour feedback
through its control of the ITCZ position. In the real
system, two regimes of SST-greenhouse effect relation-
ships must be distinguished. One regime is thermody-
namically triggered by the SST value, the other one
dynamically triggered by the SST distribution (e.g., Lau
et al. 1997). AGCM forced by observed SST, as Soden
(1997) has shown for the GFDL model can capture these
two regimes. But to what extent these SST-greenhouse
feedbacks are properly captured by coupled atmosphere-
ocean models, will depend on the ability of the oceanic
model to realistically structure the SST in the near
equatorial region.

5 Summary and conclusions

We have discussed simulations conducted with a global
AOGCM, limiting the analysis to the tropics, and fo-
cusing on the role of atmospheric processes in the SST
distribution upheaval. The control coupled simulation is
characterised by a strong and continuous cooling in the
tropical Pacific, a moderate cooling in the Atlantic and a
relatively realistic SST pattern in the Indian Ocean. In
our analysis we have focused on the tropical Pacific SST
which presents the largest discrepancies with observa-
tions. The pronounced Pacific cooling is accompanied
by a reduction in the size of the convective areas, and in
the surface evaporation amplitude over the tropical
oceans. Convection is restricted to the Indian Ocean and
to a thin band of latitude north of the equator, spanning
the whole tropical Pacific Ocean. We find that the
tropical SST drift is coherent with an unrealistically in-
tense hydrological cycle simulated by the AGCM, driven
or caused by excessive planetary LW cooling. Despite
these energetic imbalances, which reveal flaws in the
parametrisations affecting the hydrological cycle, we
have analysed in detail the ocean-atmosphere feedbacks
resulting from the penetration of the cold tongue toward
the western Pacific. With the convection schemes used
in the AGCM (a combination of Manabe and Kuo
schemes), the near-equatorial cold tongue triggers a
quasi-stationary pattern of precipitation in the entire
Pacific, by controlling large-scale convergence of humid
air in the PBL. The locking of low-level and off-equa-
torial, uplift motion in the Pacific, is responsible for
moistening the upper-troposphere through the prog-
nostic liquid water statistical scheme. The subsidence
zones are drier, extend over broader areas in the coupled
simulation, and the greenhouse effect amplifies the SST
cooling over the Pacific region.

The atmospheric dynamical and radiative feedbacks
at work in the simulated atmosphere-ocean system, il-
lustrate that the oceanic circulation near the equator,
by structuring the SST field, can not be ignored in
sensitivity studies of the climate. As pointed out by
Vintzeleos et al. (1999) and Périgaud et al. (1997), the
oceanic circulation in the near-equatorial band consti-
tutes a component of the coupled ocean-atmosphere
system that models need to reproduce properly,
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because of the coupling through Ekman dynamics be-
tween the sub-surface equatorial currents and the
ITCZ. This may require higher spatial resolution than
currently used in the oceanic component of climate
models. Therefore, when interpreting climatic scenarios
obtained with 3D models, one must be aware that
water vapour and cloud feedbacks are sensitive to near
equatorial oceanic dynamics. Another conclusion is
drawn from a sensitivity experiment performed with a
different formulation of the surface drag coefficient. We
attribute to a feedback between SST and Sc cloud
cover (Klein and Hartmann 1993) a large part of the
eastern Pacific drift, suppressed with the Louis’ et al.’s
(1981) parametrisation for the drag coefficient which
provides lower values of the meridional wind stress
along the coastlines. Despite these large improvements,
that we attribute mostly to local processes occurring in
the eastern Pacific, the major deficiencies of the simu-
lation remain unchanged. This suggests that these
problems are more constrained by the heat budget at
the top-of-the-atmosphere than by details of the surface
flux parametrisation. This means that any new para-
metrisation aiming at an improvement of the surface
heat budget, should simultaneously improve the TOA
heat budget in order to have some positive impact on
the coupled model behaviour.
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