
Correspondence to: H. Goosse

This paper was presented at the Third International Conference on
Modelling of Global Climate Change and Variability, held in Ham-
burg 4—8 Sept. 1995 under the auspices of the Max Planck Institute
for Meteorology, Hamburg. Editor for these papers is L. Dümenil.
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Abstract. To understand the influence of the Bering Strait
on the World Ocean’s circulation, a model sensitivity
analysis is conducted. The numerical experiments are car-
ried out with a global, coupled ice—ocean model. The
water transport through the Bering Strait is parametrized
according to the geostrophic control theory. The model is
driven by surface fluxes derived from bulk formulae as-
suming a prescribed atmospheric seasonal cycle. In addi-
tion, a weak restoring to observed surface salinities is
applied to compensate for the global imbalance of the
imposed surface freshwater fluxes. The freshwater flux
from the North Pacific to the North Atlantic associated
with the Bering Strait throughflow seems to be an import-
ant element in the freshwater budget of the Greenland and
Norwegian seas and of the Atlantic. This flux induces
a freshening of the North Atlantic surface waters, which
reduces the convective activity and leads to a noticeable
(6%) weakening of the thermohaline conveyor belt. It is
argued that the contrasting results obtained by Reason
and Power are due to the type of surface boundary condi-
tions they used.

1 Introduction

Relatively fresh surface waters (with a salinity of about
32.5 psu) are carried from the North Pacific to the Arctic
through the Bering Strait at a rate of about 1 Sv (Coach-
man and Aagaard 1988; Roach et al. 1995) (1 Sv"
106 m3 s~1). This northward flow is important because of
its influence on the regional physical oceanography (e.g.,
Muench et al. 1988) and the high biological productivity it

sustains over the Bering Shelf (e.g., Walsh et al. 1989). The
Bering Strait also plays a role in global-scale processes. In
particular, it contributes to the global freshwater budget
by balancing partly the atmospheric transport of fresh-
water from the Atlantic to the Pacific (Broecker et al.
1990; Wijfels et al. 1992).

The freshwater deficit of the Atlantic is compensated by
the ‘‘conveyor belt’’ since it carries southward deep, salty
water, termed North Atlantic Deep Water (NADW), the
southward flow being balanced by fresh waters origin-
ating mainly from the South Atlantic and, of lesser magni-
tude, from the Arctic (Broecker 1991). The exchanges
between the Arctic and the North Atlantic are obviously
influenced by the northward flow through the Bering
Strait, suggesting that the latter may control, to a certain
extent, the global thermohaline circulation and, conse-
quently, the global climate.

Using a two-box model, Shaffer and Bendtsen (1994)
showed that increasing the water flow through the Bering
Strait from 0 to 1 Sv reduced the intensity of the North
Atlantic thermohaline circulation by 20%. This was ex-
plained as follows: the freshwater transport through the
Bering Strait tends to decrease the salinity of the North
Atlantic surface waters, which reduces convective activity,
deep-water formation, and thus the southward flux of
NADW. A further increase of the Bering Strait through-
flow to 1.1 Sv completely stopped deep-water formation in
the North Atlantic. Accordingly, Shaffer and Bendtsen
(1994) suggested that the North Atlantic deep-water pro-
duction is more sensitive to perturbations when the flow
through the Bering Strait is large. They further hypo-
thesized that the enhanced climate variability during the
last interglacial period may be due to higher sea level
enabling a significant flow through the Bering Strait.

The results of Reason and Power (1994) are in marked
contrast to those of Shaffer and Bendtsen (1994). They
conducted a sensitivity study by means of an ocean circu-
lation model (OGCM): in the first experiment, the Bering
Strait was closed, whereas, in the second one, the strait
was open. Under strong restoring surface boundary con-
ditions, they found that the strength of the NADW over-
turning cell increased by about 8% when opening the



Bering Strait. Under mixed boundary conditions (i.e., with
a restoring condition for the surface temperature and
a prescribed surface salt flux derived from the restoring
run), virtually no difference was found between the experi-
ments with the Bering Strait open or closed. However,
a different interpretation of their results could be obtained
from the figures displayed in their paper (Rahmstorf, per-
sonal communication 1996). In fact, the opening of the
Bering Strait simply yields an additional southward flux
on the circulation existing in the Atlantic when the Bering
Strait was closed. This flux is almost barotropic with
restoring boundary conditions (their Fig. 1c) and confined
to the top 1500m with mixed boundary conditions (their
Fig. 5c). In the two cases, the opening of the Bering Strait
appears to have a very small effect on the overturning
circulation in the Atlantic and on the NADW formation.

Under restoring boundary conditions, the difference in
the surface freshwater fluxes between experiments with
and without a Bering Strait may be of the same order of
magnitude as the fluxes induced by the opening of the
Bering Strait. The same problem can occur under mixed
boundary conditions since the two salt fluxes used by
Reason and Power (1994) are diagnosed from the two
corresponding experiments under restoring boundary
conditions. These flux differences may compensate for the
effects of the Bering Strait throughflow and, thus, may
mask the influence of the Bering Strait on the ocean
general circulation. This stresses the crucial importance of
the surface boundary conditions for examining the role of
the Bering Strait in the global ocean circulation.

In this study, we perform a sensitivity study bearing
some similarity to that of Reason and Power (1994). How-
ever, in our simulations, sea ice is explicitly modelled and
the surface boundary conditions are believed to be more
appropriate (see Sect. 4). As will be seen, our results are
qualitatively consistent with those of Shaffer and Bendtsen
(1994).

2 Description of the model

The model used here results from the coupling of a global,
free-surface OGCM (Deleersnijder and Campin 1995)
with a comprehensive sea—ice model (Fichefet and Mo-
rales Maqueda 1996, Sensitivity of a global sea ice model
to the treatment of ice thermodynamics and dynamics,
submitted to Journal of Geophysical Research). The
OGCM is a primitive-equation model resting on the usual
set of assumptions, i.e., the hydrostatic equilibrium and
the Boussinesq approximation (e.g., Bryan 1969). In the
horizontal plane, spherical coordinates are used, while the
‘‘z-coordinate’’ underlies the vertical discretization. The
sea—ice model has representations of both thermodynamic
and dynamic processes. A 3-layer model (Fichefet and
Gaspar 1988) simulates the changes of snow and ice thick-
nesses and heat contents in response to the surface and
bottom heat fluxes. The variations of ice compactness due
to thermal processes are determined following the ap-
proach proposed by Häkkinen and Mellor (1990). The ice
model also incorporates a parametrization of the latent
heat storage in brine pockets and a simple scheme for
snow—ice formation. For ice dynamics computation,

sea—ice is considered to behave as a two-dimensional
viscous-plastic continuum (Hibler 1979). The oceanic heat
flux at the base of the ice slab is calculated by imposing
a thermodynamic equilibrium between ice and the water
underneath. Both the temperature at the base of the ice
and the temperature of the top oceanic layer are supposed
to be equal to the freezing point of seawater. To maintain
this equilibrium, the oceanic heat flux must compensate
exactly for the net heat gain of the first oceanic layer
(Fichefet and Gaspar 1988). The water stress on ice is
taken to be a quadratic function of the relative velocity
between ice and the top layer of the ocean, using a drag
coefficient c

w
"5]10~3.

The governing equations of the model are solved nu-
merically by using a finite-volume technique on an
Arakawa B-grid. The horizontal resolution is 3°]3°. Ver-
tically, there are 20 levels ranging in thickness from 10 m
at the surface to 750m in the deep ocean. A realistic
bathymetry is used. The global grid is obtained by patch-
ing together two spherical grids. The first one is a stan-
dard spherical grid covering the whole World Ocean,
except for the northern Atlantic and the Arctic, which are
represented on a spherical grid having its poles on the
equator, in order to avoid the North Pole singularity. The
two grids are connected in the equatorial Atlantic (Deleer-
snijder et al. 1993; Eby and Holloway 1994; Coward et al.
1994). The horizontal eddy diffusivity and viscosity of the
ocean model are set equal to 150m2 s~1 and 105 m2 s~1,
respectively. Vertical mixing is prescribed following
Pacanowski and Philander (1981).

The model is driven by surface fluxes of heat, fresh-
water, and momentum determined from the empirical
bulk formulae described in Oberhuber (1988). Input fields
consists of monthly climatological surface air temper-
atures and dew points (Crutcher and Meserve 1970; Tal-
jaard et al. 1969), surface winds and wind stresses
(Trenberth et al. 1989), cloud fractions (Berliand and
Strokina 1980), and precipitation rates (Jaeger 1976). The
fraction of precipitation falling as snow is derived from the
surface air temperature as in Ledley (1985). The river
runoff is taken from the annual mean climatology of
Baumgartner and Reichel (1975). Owing to inaccuracies in
the precipitation and runoff data and in the evaporation
computed by the model, the net freshwater flux at the
surface exhibits a slight imbalance inducing a drift in the
simulated global salinity. To remedy this problem, a relax-
ation to annual mean observed salinities (Levitus 1982) is
applied in the surface layer with a time constant of two
months. Note that there is no restoring over salinity on
the continental shelves of the Bering and Chukchi seas,
located on both sides of the Bering Strait.

3 Parametrization of the water and ice transports through
the Bering Strait

The width of the Bering Strait is about 85 km, which is
generally smaller than the grid size of a coarse-resolution
OGCM. Therefore, if the flow from the Pacific to the
Arctic was to be calculated explicitly in the model, it
would be necessary to artificially widen the Bering Strait.
In particular, if a B-grid is used, as in our model, the width
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of the model strait must be at least equal to two horizontal
space increments. In our case, this would lead to a numer-
ical width about seven times larger than the exact one,
which may not be the best possible modelling option. Our
grid system presents an additional difficulty: the coordin-
ate systems on both sides of the Bering Strait do not
match each other (Deleersnijder et al. 1993). To avoid
these technical problems, we parametrize the water and
sea—ice flows through the Bering Strait, rather than try to
represent them explicitly by means of finite-difference ap-
proximations equivalent to those used at every other
location. In other words, the Bering Strait is simulated by
removing water and sea ice at an appropriate rate from
the vicinity of the strait on the Pacific side, and pouring it
into the Arctic Ocean, close to the strait.

The mean northward water flow through the Bering
Strait is believed to be driven by the difference in sea-
surface elevation between the North Pacific and the Arctic
oceans, the Pacific being higher. This sea-level slope re-
sults from the density difference between the two basins
(Stigebrandt 1984; Overland and Roach 1987). According
to in situ measurements (Nihoul et al. 1993; Roach et al.
1995) and regional-scale modelling (Deleersnijder 1994),
the horizontal velocity exhibits small vertical variations in
the vicinity of the Bering Strait.

As shown in the numerical study of Overland and
Roach (1987), the northward flow may be assumed to
obey the geostrophic control theory (e.g., Toulany and
Garret 1984). Under this hypothesis, cross-strait geo-
strophic equilibrium holds true (roughly east—west). It
follows that the flow through the strait is related to the
cross-strait surface elevation difference, which must be
smaller than the sea-level difference between the Pacific
and Arctic basins. Then, assuming weak friction and low
frequency motion, the maximum water flow through the
strait is given by
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where g, f and h represent the gravitational acceleration
("9.8 m s~2), the Coriolis parameter (+1.4]10~4 s~1)
and the sea depth (+50 m), respectively; g
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sea-surface elevation on the Pacific side of the Bering
Shelf, while g
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is the elevation on the Arctic side. The

actual flow through the strait is taken to be Q"aQ
max

,
where a is a dimensionless coefficient smaller than unity.
After appropriate tuning, we set a"0.5. It must be
stressed that the rationale leading to out parametrization
of Q rests on the assumption that the flow is barotropic. If
we were to take into account a significant baroclinic
component, it would prove much more difficult to derive
a relevant parametrization. The northward water flow is
used to calculate the corresponding transport of heat and
salt.

Sea—ice flow through the Bering Strait is also paramet-
rized. An estimate of the northward ice velocity, v

ice
, is

derived from the momentum equation by assuming pure
shearing in an infinite channel (e.g., Hibler 1986):
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where v
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a
, and P@ denote, respectively, the northward

water velocity, the northward component of the air—ice
stress, and the resistance to shearing, computed after
Hibler (1979); ¼, the width of the strait, is taken to be
85 km; finally, o

w
represents the seawater density.

4 Results and discussion

Two numerical experiments are carried out with the
model: one with the Bering Strait open (hereafter OP), the
other with the strait closed (hereafter CL). For both model
runs, the initial conditions are an equlibrium state ob-
tained under robust-diagnostic forcing. The results are
analyzed after 300 years of integration, when the salinity
and temperature fields evolve quite slowly. It is clear that
this rather short integration length, which is dictated by
the computing cost of the model, is not sufficient to reach
a full equilibrium state. Important transitions in ocean
circulation may occur after more than 300 years even if the
temperature and salinity drifts are very slow (e.g., Rahm-
storf 1995). Caution must therefore be exercised when
drawing conclusions from the experiments presented here.
Nevertheless, it should be noted that no transition or
inversion in the trend of model evolution has been noticed
during the two experiments. Furthermore, the experiment
OP has been prolonged for 200 years and the results were
nearly identical to those discussed here.

In OP, the annual mean of the transport Q is 1.15 Sv,
which is somewhat larger than the estimated 0.8 Sv of
Coachman and Aagaard (1988) and Roach et al. (1995).
The seasonal cycle, which is mainly due to the variations
in the wind stress, exhibits an amplitude (half the max-
imum minus minimum) of about 0.2 Sv. The maximum
transport occurs in summer. The phase of the simulated
cycle is in agreement with the observations of Coachman
and Aagaard (1988) and Roach et al. (1995), but the
amplitude appears underestimated by roughly a factor of
1.5. There is no reliable measurement of the annual mean
ice flow through the Bering Strait. It seems however cer-
tain that this transport is small (Pease and Salo 1987;
Simonsen and Haugan 1996), which is in accordance with
our numerical estimate being as small as 2.9]10~3 Sv
(southwards).

Opening the Bering Strait modifies the barotropic
stream function by a few Sverdrups, as depicted in Fig. 1.
The return flow towards the Atlantic Ocean through the
Indonesian seas and along the eastern coast of Africa is
slightly reduced, while the northward flow in the western
Pacific is enhanced. In the Atlantic, the Gulf Stream
intensity diminishes, as well as the strength of the subar-
ctic gyre. As a consequence of the latter reduction, there is
less Atlantic water entering the Norwegian Sea and
a smaller export of Greenland Sea and Iceland Sea waters
through the Denmark Strait (between Iceland and Green-
land).

Some changes in the path of the Antartic Circumpolar
Current are also observed, while the magnitude of the
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Fig. 1a,b. Annual mean barotropic streamfunction. a Experiment
OP; contour interval is 10 Sv between !60 Sv and #60 Sv and
20 Sv otherwise; b OP minus CL; contour interval is 0.5 Sv between
!1 Sv and #1 Sv and 1 Sv otherwise

Fig. 2a, b. Ice thickness (in metres) for March in the Arctic. a Experi-
ment OP; contour interval is 0.5 m. The dashed line represents the
observed ice edge in March (Gloersen et al. 1992), defined as the
15% ice concentration. b OP minus CL; contour interval is 0.25m

transport through the Drake Passage is nearly the same in
the two experiments. These modifications seem to be
related to the internal variability of this strong current.

The water flow through the Bering Strait is approxim-
ately balanced by an increase in the Farm Strait, between
Greenland and Spitzbergen, outflow. Opening the Bering
Strait raises the southward water transport through Fram
Strait from 2.70 Sv to 3.77 Sv, i.e., a difference of 1.07 Sv
which is almost equivalent to the 1.15 Sv crossing the
Bering Strait. Enhancing the water transport increases, by
dynamical coupling, the southward ice flow through Fram
Strait from 6.8]104 to 7.7]104 m3 of ice per second.

In CL, the ice edge is generally too far southwards in the
North Pacific. In OP, there is an increased transport of
relatively warm water towards the Bering Sea, enhancing
the ice melting on both sides of the strait, so that the ice
edge location is more realistically simulated. This is illus-
trated for March in Fig. 2. The seasonal cycle of the Arctic
sea—ice extent is reasonably well simulated: the agreement
between the model and observations (Gloersen et al. 1992)
is quite good in winter (Fig. 2a) as well as in summer (not
shown).

The oceanic region located off the southeastern coast of
Greenland is an area of year-long ice melting, the ice
coming from the north. Consequently, the stronger trans-
port through Fram Strait in OP leads to an ice edge
located further southwards along the Greenland coast and
to higher ice thicknesses there (Fig. 2b). Furthermore, the
ice melting in the Greenland and Norwegian seas is small-
er in OP (2.9]104 m3 s~1 in annual mean) than in CL
(4.0]104 m3 s~1 in annual mean). This reflects the
oceanic heat flux at the ice base being weaker in OP. The
additional amount of ice transported through Fram Strait
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Fig. 3. a OP minus CL sea-surface salinity; contour interval is 0.2 psu.
b OP minus CL sea-surface temperature; contour interval is 0.25 °C

in OP does not melt in the Greenland and Norwegian
seas, but is advected to the North Atlantic through the
Denmark Strait.

Since the Bering Strait waters are saltier than the Arctic
surface waters close to the Bering Strait, the salinity in the
top layers of the Arctic ocean is larger in OP than in CL
(Fig. 3a). On the other hand, the Arctic surface waters, as
well as the North Pacific surface waters, are fresher than
the North Atlantic surface waters. The opening of the
Bering Strait induces a transport of freshwater from the
North Pacific and the Arctic to the North Atlantic. Thus,
the surface salinity in the GIN Sea (Greenland, Iceland
and Norwegian seas, defined more precisely in the Appen-
dix) is significantly smaller (Fig. 3a), particularly along the

Greenland coast where the East Greenland current carries
the relatively fresh Arctic waters southwards. Further-
more, there is an intense ice melting close to Iceland in OP
(even if the ice melting averaged over the whole GIN Sea
decreases in OP compared to CL). This leads to a parti-
cularly strong decrease in surface salinity there.

The influence of cold Arctic water masses and sea—ice
melting is also apparent in the sea-surface temperature
distribution (Fig. 3b). In OP, there is a general cooling
which is the most pronounced along the Greenland coast.
The region located northwest of Iceland is ice-covered in
OP but not in CL. In OP, the temperature of the top
oceanic level remains at the freezing point during winter.
Furthermore, the oceanic heat flux needed to melt ice
limits the temperature increase in spring and summer. As
a consequence the temperature decrease in this zone be-
tween CL and OP can reach 3 °C (Fig. 3b). These explana-
tions are also valid for the area located southwest of
Iceland, where the salinity and the temperature are much
lower in OP than in CL (Fig. 3). The reduction of the
inflow of salty and warm Atlantic waters in the GIN Sea
can also play a minor role in the temperature and salinity
decrease (see Appendix).

The surface temperature changes between the two ex-
periments are less marked in the Arctic (Fig. 3b), since the
temperature is close to freezing point during most of the
year owing to the presence of sea ice. South of the Bering
Strait, on the continental shelf, the small southward ice
transport and the contact with Arctic waters generates an
increase in the ice thickness and a decrease in both tem-
perature and salinity. The eastern Bering Strait undergoes
a noticeable increase in salinity and a significant warming
in OP. This is because the Pacific waters on their way to
the Bering Strait prevent ice formation in this region and
trigger some convective events (caused by strong heat flux
to the atmosphere), these events carrying heat and salt
from the deep ocean to the surface.

In OP, convection decreases in a meridional band
located in the centre of the GIN Sea and southwest of
Iceland (Fig. 4). The surface salinity is reduced by more
than 0.2 psu in these regions, rendering these waters less
prone to deep-water formation. In the Labrador Sea, a
small northward shift of the convective activity is ob-
served (Fig. 4). There is a 6% decline in the intensity of the
overturning cell associated with NADW formation, from
26.2 Sv in CL to 24.6 Sv in OP (Fig. 5). The maximum of
the Atlantic meridional stream function at 30 °S, which
may be interpreted as the NADW export to the other
oceans, drops from 15.8 Sv to 14.9 Sv. In general, the
freshwater transport through the Bering Strait leads to a
reduced thermohaline circulation in the northern Atlantic.

In the Atlantic, the northward flow at intermediate
depths is smaller in OP than in CL, owing to the decline in
the thermohaline circulation and the increase of the
southward flow through Fram Strait (Fig. 5). In OP, the
upwelling of intermediate waters in the North Pacific (not
shown) is enhanced and that water feeds the Bering Strait
throughflow.

The thermohaline circulation in the Atlantic carries
heat northwards, since the NADW transported south-
wards is colder than the compensating surface and inter-
mediate-depth flow. Consequently, the reduction of the
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Fig. 4a, b. Energy dissipated by convective adjustment. a Experi-
ment OP; contour interval is 5]10~3Wm~2. b OP minus CL;
contour interval is 2]10~3Wm~2

Fig. 5a, b. Annual mean meridional overturning stream function in
the Atlantic. a Experiment OP; contour interval is 2 Sv. b OP minus
CL; contour interval is 0.25 Sv. Flow is clockwise around solid
contours

Fig. 6. Difference of freshwater transport in the ocean and of surface
freshwater fluxes between OP and CL (OP minus CL)

thermohaline circulation when the Bering Strait is open
tends to decrease the northward heat transport. For
example, the latter is, at 30 °S in the Atlantic, 3.5]1014W
in CL and 3.1]1014W in OP. The heat flux crossing the
equator is 8.8]1014W in CL and 8.4]1014W in OP. As
the heat transported by the ocean is transferred to the
atmosphere north of 25 °N, the reduction in the north-
ward heat transport corresponds to a decrease of the heat
flux from the ocean to the atmosphere in this region. This
decrease amounts to 2 W/m2 when averaged over the
Atlantic north of 25 °N.

Figure 6 displays the difference of the freshwater trans-
port in the ocean between the experiments OP and CL.
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The inflow through the Bering Strait is of 1.15 Sv, with
a salinity of 32.5 psu. Considering a reference salinity
of 35 psu (this is close to the salinity in GIN Sea and
North Atlantic, the regions of particular interest in this
study), this inflow corresponds to a freshwater flux of
0.08 Sv.

The surface freshwater fluxes in the Arctic are identical
in the two experiments (0.17 Sv). A small increase in ice
production (!0.001 Sv) in OP is compensated by the
stronger effect of the surface restoring to Levitus’ salinity
in this experiment (#0.01 Sv). Therefore, the difference of
freshwater transport is not affected by surface fluxes in the
Arctic. The 0.08 Sv freshwater transport associated with
the Bering Strait throughflow is totally transferred to the
GIN Sea.

In the GIN Sea, the restoring procedure leads to a fresh-
water flux smaller by 0.02 Sv when the Bering Strait is
open, because of the lower salinity of this region. This flux
difference is mainly located along the coast of Greenland
where the difference of salinity is the strongest (Fig. 3a).
The evaporation decreases by about 0.01 Sv in OP, due to
the decrease in sea-surface temperature. Furthermore, as
pointed out previously, the ice melting is smaller by
0.01 Sv in the GIN Sea in OP. As a consequence, the
surface freshwater flux in the GIN Sea is 0.02 Sv smaller
when the Bering Strait is open, which tends to decrease the
influence of the freshwater flow through the Bering Strait.
This difference is partly due to a modification of the
surface forcing (!0.01 Sv: restoring and evaporation) and
partly to a freshwater transport in the model caused by
the ice advection (!0.01 Sv: decrease of net ice melting).
The opening of the Bering Strait thus yields in OP a fresh-
water transport to the North Atlantic Ocean of 0.06 Sv.

The freshwater budget of the Atlantic between Iceland
and 30 °S hardly changes between OP and CL. The
simulated net evaporation amounts to 0.4 Sv in the two
experiments. The precipitation is held constant in the
model and the evaporation decreases by 0.008 Sv in OP
compared to CL. The only significant modification in the
freshwater budget is the increased ice melting southwest of
Iceland in OP (#0.02 Sv). As a consequence, in our ex-
periments, the simulated freshwater transport from the
Pacific to the North Atlantic (0.06 Sv) accounts for about
10% of the freshwater deficit of the Atlantic (0.4 Sv).

The differences between OP and CL must be inter-
preted with some caution, because the surface forcing is
derived from atmospheric measurements carried out dur-
ing the present century, i.e., over a period of time during
which the Bering Strait is open. Upon closing the Bering
Strait, the atmospheric conditions are likely to undergo
some modifications, which we have not been able to take
into account in our experiments. The best strategy would
certainly consist of using a coupled ocean-atmosphere
general circulation model. However, such a model is still
too expensive to be applied to the present kind of study.

Our numerical experiments reveals that the main effect
of the opening of the Bering Strait on the freshwater
budget of the GIN Sea is the freshwater flux associated
with the throughflow, rather than the mere flow or any
indirect effect (see Appendix). However, the type of forcing
used here implicitly assumes that the atmospheric feed-
back is of secondary importance. This assumption limits

the validity of our results as the amplification or damping
by atmospheric feedback of the perturbation caused by
opening/closing the Strait could modify our conclusions.
However, it is believed that this sensitivity study has
reproduced a first-order effect of the influence of the
Bering Strait and described a plausible mechanism to
explain its influence.

As discussed above, the opening of the Bering Strait
induces a modification of the model freshwater forcing.
These changes in the restoring and in the evaporation
without any change in the precipitation do not correctly
reproduce the behaviour of the atmosphere. The equiva-
lent freshwater fluxes induced by the restoring are of
a particularly spurious nature, since they are caused by
relaxation towards surface salinities observed in a config-
uration with the Bering Strait open even when the simula-
tion pertains to a closed Bering Strait case. These
differences in freshwater fluxes are not negligible (max-
imum 0.02 Sv) compared with the freshwater fluxes asso-
ciated with the flow through the Bering Strait (0.08 Sv).
They can affect the response of the model to the opening
of the Bering Strait. However, they are at least four times
smaller than the freshwater transport induced by the
opening of the Bering Strait. We are thus inclined to
conclude that the differences in the freshwater forcing do
not invalidate our results.

The surface salinity relaxation must be strong enough
to prevent a global salinity drift, but must be sufficiently
weak so that the impact of the Bering Strait on the World
Ocean’s circulation is not offset by spurious freshwater
fluxes at the air—sea interface. For example, Reason and
Power (1994) used a relaxation time scale of 20 days over
a 25 m-depth level, which corresponds to a restoring 7.5
times stronger than the one applied in the present study.
Applying this restoring, with the same salinity changes in
the GIN Sea as in our experiments, would imply a flux
associated with the restoring 7.5 times larger than in the
case presented here. Therefore, the modification of the
restoring flux would have been of the same magnitude as
the freshwater flux associated with the Bering Strait
throughflow. On the other hand, if the modifications in
the freshwater fluxed induced by the restoring were the
same as the one obtained in our study, the salinity differ-
ence between the experiments with Bering Strait open and
closed would have been 7.5 smaller with this strong restor-
ing. It would thus have a very small impact on density and
thus on deep-water formation. Unfortunately, Reason and
Power (1994) do not show their diagnosed freshwater
fluxes. We are thus obliged to make speculations about
their results. However, the two extreme cases presented
here clearly show that the restoring can pose some prob-
lems in their study. These remarks seem to be also valid
for the mixed boundary condition case of Reason and
Power (1994) in which the two sets of surface freshwater
fluxes are deduced from the corresponding restoring cases
(i.e., Bering open and closed) using Levitus’ (1982) data in
both cases. The differences between the freshwater fluxes
applied in the two mixed boundary cases (Bering open
and closed) are thus the same as between the two restoring
cases. Note that the study of the impact of the Bering
Strait on the oceanic circulation was not the only goal of
the paper of Reason and Power (1994). It is the reason
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why they use two different sets of surface fluxes in their
two experiments.

5 Conclusions

The impact of the water flow through the Bering Strait on
the World Ocean’s circulation has been studied with the
help of a large-scale, coupled ice—ocean general circulation
model. The Bering Strait throughflow induced a transport
of freshwater from the North Pacific to the GIN Sea, the
transport being almost not affected by the transit in the
Arctic. This transport is an important element of the
freshwater budget of the Atlantic since it compensates for
more than 10% of the freshwater deficit of the Atlantic. As
a consequence, on opening the Bering Strait, the surface
salinity in the GIN Sea decreases, inducing a 6% decline
in the intensity of the NADW overturning cell and of the
southward export of NADW. The weakening of the ther-
mohaline circulation leads to a decrease of the northward
heat transport in the Atlantic of roughly 5%.

The surface forcing must be considered with caution
when interpreting the results, since no atmospheric feed-
back is allowed in our experiments. The modification of
the atmospheric forcing associated with the opening of
Bering Strait and the consequences of these changes on
the oceanic circulation can not reliably taken into account
here. Furthermore, a weak restoring to the present-day
surface salinity is applied in the two experiments (Bering
open or closed). Nevertheless, the freshwater flux differ-
ence induced by the restoring between the experiments
with Bering Strait open or closed is much smaller than the
flux induced by the flow through the Strait. Thus, it
appears that these restoring fluxes are of secondary im-
portance in our simulation. The contrasting results of
Reason and Power (1994), compared to the ones pre-
sented here, may be due to the changes in surface forcing
between their experiments with Bering Strait open
and closed offsetting the effect of the Bering Strait. It is
worth stressing that the restoring tends to limit the
influence of the flow through the Bering Strait in our
experiments.

Our results are qualitatively in agreement with those
obtained by Shaffer and Bendtsen (1994) with a box
model. In their study, however, a much stronger response
to the Bering Strait throughflow was found. For example,
a transport of 1.1. Sv through the Bering Strait led to
a complete suppression of deep-water formation in the
North Atlantic. An additional numerical experiments has
been conducted with our model in which the flow through
the Bering Strait has been enhanced to 2.1 Sv (the para-
meter a intervening in the parametrization of the through-
flow was taken equal to unity; see Sect. 3). This
modification induces a reduction of the thermohaline cir-
culation of 11% compared to the case when the Bering
Strait transport was 1.15 Sv (weakening of 17% compared
to the case with Bering Strait closed), but the thermoha-
line circulation does not collapse in the Atlantic. However,
with the type of forcing used (restoring), the results are
forced to remain close to present-day values. As a conse-
quence, the question as to whether a collapse of the
thermohaline circulation in the Atlantic can be caused by

an increased flow through Bering Strait can hardly be
answered with this type of forcing.

In some ocean models, the flow through the Bering
Strait is not taken into account. The present work seems
to validate this approach as the influence of the Bering
Strait on the global ocean circulation seems to be well
within the order of magnitude of the uncertainties of
current ocean models. Nevertheless, the opening of Bering
Strait has notable consequences for the freshwater budget
of the Atlantic. Since this budget appears to be important
for the stability of the thermohaline circulation, it might
have an influence on the response of the climatic system to
a perturbation. Furthermore, the cost of representing the
Bering Strait throughflow in an OGCM is so small that it
should probably be done.
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Appendix

The salinity budget of the GIN Sea

In our discussion, the GIN Sea covers the area located
between Greenland and Norway, bounded to the south by
a latitudinal circle at 65 °N and to the north by a broken
line from northern greenland to Cape North in Norway,
passing through Spitzbergen (see the heavy line in Figs.
A1 and A2).

The salinity changes in this region seems to be very
important for the response of our model to the opening of
the Bering Strait. As a consequence, a salinity budget of
the GIN Sea is used to gain a more precise idea of the role
of the various freshwater and salt fluxes on the evolution
of the salinity in this region. In the simple method presen-
ted here, the GIN Sea is represented by a perfectly mixed
‘‘box’’ with a salinity S1 . The ‘‘box’’ is forced at its bound-
aries by the fluxes obtained in our simulations.

Firstly, the numerical experiment in which the Bering
Strait is closed is considered (experiment CL; Fig. A1). The
inflow from the Atlantic amounts to 18.9 Sv, with a
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Fig. A1. Salt and freshwater budget of the GIN Sea when the Bering
Strait is closed (experiment CL). See text for details

Fig. A2. Same as A1, except that Bering Strait open (experiment
OP)

salinity of 35.52 psu. This is the major inflow to the GIN
Sea. For simplicity, the exchanges with the Arctic are only
described as a net freshwater flux (#0.17 Sv) to GIN Sea.
The surface freshwater flux is 0.03 Sv in experiment CL.
As we assume that the GIN Sea is perfectly mixed, the
salinity of the 18.9 Sv outflow through Denmark Strait is
equal to SM (called SM

CL
in experiment CL). The salt and

freshwater balance of the GIN Sea leads to value of SM
CL

:

SM
CL
"

18.9]35.52!(0.17#0.03)]35

18.9

considering a reference salinity of 35. Note that the results
are not sensitive to the choice of this reference.

When the Bering Strait is open (experiment OP), the
Arctic receives a net surface freshwater flux of 0.17 Sv and
roughly 1.2 Sv flows through the Bering Strait with a
salinity of 32.5 psu. To close the budget of the Arctic,
those mass and salt fluxes must be balanced by the
exchanges with the GIN Sea. As a consequence, the
transport from the Arctic to the GIN Sea can be described
by two terms. The first one is equivalent to a 0.17 Sv
freshwater flux to the GIN Sea (as in CL) and the second
one is represented by a flow of 1.2 Sv of water with
a salinity of 32.5 psu.

In OP, the surface freshwater flux to the GIN Sea is of
0.01 Sv; the inflow from the Atlantic carries 160 Sv at an
averaged salinity of 35.58 psu; the outflow transports
17.2 Sv southward to verify the mass balance in the GIN
Sea. The salinity SM

OP
can be obtained as above:

SM
OP

"

16.0]35.58#1.2]32.50!(0.17#0.01)]35

17.2

The salinity difference between the two experiments can
be seen as the sum of four terms:

SM
OP

!SM
CL
"#

1.2

17.2
(32.50!35.58)!A

0.01

17.2
!

0.03

18.9B]35

!A
0.17

17.2
!

0.17

18.9B]35#(35.58!35.52)

"!0.21#0.04!0.03#0.06

"!0.14

The first term is associated with the net mass flow from the
Arctic, consequence of the opening of the Bering Strait
(!0.21 psu). The second one is caused by the modification
of the surface fluxes (#0.04 psu). The third term comes
from the decrease of the inflow from the Atlantic, which
increases the ‘‘dilution’’ of this water by the freshwater
from the Arctic and thus reduces the salinity (!0.03 psu).
The last one is due to the difference of the salinity of the
Atlantic water transported to the GIN Sea between the
two experiments (#0.06 psu).

This simple method shows that the decrease of the
salinity in the GIN Sea when the Bering Strait is open is
mainly a consequence of the freshwater transport induced
by the opening of the Bering Strait. None of the other
terms invoked is negligible, but they seem to have a small-
er impact.
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